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Key Points: 18 

 A regional carbon cycle model shows that geologic carbon release can explain extreme 19 
radiocarbon depletion in the eastern tropical Pacific 20 

 Neutralized carbon release matches observations without significantly lowering pH or 21 
causing calcium carbonate dissolution 22 

 Radiocarbon remains a reliable ocean circulation tracer when localized carbon sources 23 
are accounted for 24 

Abstract 25 

There is currently no explanation or carbon cycle model scenario for severe radiocarbon (14C) 26 
depletion reconstructed in the intermediate depth eastern tropical North Pacific Ocean (ETNP) 27 
at the end of the last ice age. Here, we develop new constraints on hypothesized geologic 28 
carbon release based on the boron isotope pH proxy and regional refinement of a global carbon 29 
cycle model. We find that pH-neutral release of ~800 Pg C over 5000 years can produce the 30 
radiocarbon anomalies in the ETNP while inducing neither a large pH anomaly nor CaCO3 31 
dissolution (as observed) and causing minimal atmospheric CO2 rise. Mass-balance 32 
considerations dictate that the anomalous carbon was concentrated near the geologic source in 33 
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the ETNP without significantly affecting radiocarbon-based reconstructions of global ocean 34 
circulation change.  35 

Plain Language Summary 36 

At the end of the last ice age, unusually low levels of radiocarbon were found in ocean waters 37 
off the west coast of Mexico. These values are too extreme to be explained by normal ocean 38 
circulation. To understand what caused them, we used computer models and chemical records 39 
from ancient marine organisms. Our results show that a release of carbon from the seafloor 40 
could explain the unusual radiocarbon signals. This release occurred in a part of the ocean that 41 
is naturally isolated, which helped trap the carbon and its signal. The carbon was released in a 42 
neutralized form, so it didn’t cause ocean acidification—consistent with what scientists observe 43 
in seafloor fossils. Our findings suggest that these radiocarbon anomalies were caused by a 44 
local carbon release into an already isolated region, not by changes in global ocean circulation. 45 
This supports the continued use of radiocarbon as a tool for studying past ocean changes. 46 

1 Introduction 47 

The radioactive carbon isotope 14C (radiocarbon) is a key tool for measuring the rate of carbon 48 
exchange between the atmosphere and the ocean (Bolin, 1960; Craig, 1957; Revelle & Suess, 49 
1957) and thus provides a powerful constraint on the hypothesis that deep ocean circulation 50 
changes drove the abrupt rise in atmospheric carbon dioxide (CO2) concentrations at the end of 51 
the last ice age. In what seemed to be a breakthrough moment, Marchitto et al. (2007) found 52 
severe 14C depletions (decay-corrected 14C:12C ratio, expressed as ∆14C; Stuiver & Polach, 1977) 53 
in intermediate-depth waters off Baja California in the Eastern Tropical North Pacific (ETNP), 54 
potentially explaining the “mystery interval”—a period of rapid atmospheric ∆14C decline and 55 
rising CO2. Broecker and Barker (2007) proposed that abyssal ocean overturning circulation had 56 
stalled during peak glacial conditions, allowing 14C-depleted carbon to accumulate at depth, 57 
which was later released during the deglaciation. Subsequent radiocarbon reconstructions and 58 
data compilations confirm that deep ocean circulation slowed during the Last Glacial Maximum 59 
(LGM) and accelerated during deglaciation, supporting its role in ocean CO2 release (Rafter et 60 
al., 2022; Skinner et al., 2010).  61 

 62 

However, the ocean 14C depletions discovered by Marchitto et al. (2007) were found to be too 63 
severe and prolonged to be explained by changes in global ocean overturning (Hain et al., 64 
2011). Radiocarbon anomalies have since been reported not only across the Eastern Pacific 65 
(Bova et al., 2018; Lindsay et al., 2015; Stott et al., 2009; Stott et al., 2019), but also in the South 66 
Pacific (Ronge et al., 2016), the Northwestern Indian Ocean (Bryan et al., 2010) and the North 67 
Atlantic (South Iceland Basin and Nordic Seas; Thornalley et al., 2011, 2015). Yet, there remains 68 
a particular spatial cluster of anomalies in the ETNP (Lindsay et al., 2016; Marchitto et al., 2007; 69 
Rafter et al., 2018, 2019) that have passed tests for species-specific offsets, age model biases, 70 
and the impacts of bioturbation (Rafter et al., 2018) (Fig. 1). These sites exist alongside 71 
equatorial-located records that show no such anomalies (Bova et al., 2018; Chen et al., 2020), 72 
raising a significant problem for the paleoceanographic research community: if ocean 73 
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circulation did not cause the radiocarbon anomalies, how reliable are radiocarbon-based 74
reconstructions of ocean circulation?  75

 76
Figure 1. Intermediate depth (<1000 m) 14C anomalies (colored points: Bova et al., 2018; 77
Marchitto et al., 2007; Rafter et al., 2018, 2019; Stott et al., 2009; Stott et al., 2019) in the 78
context of modern Eastern Pacific hydrographic conditions. Anomalies are defined as having 79
mean deglacial (18 kyr BP-12 kyr BP) ventilation ages >2500 years, with data collected from the 80
Rafter et al. (2022) 14C compilation. The age of each anomaly record is shown in the plot. Non-81
anomalous 14C data is shown in grey. The star marks the site of new data presented in this 82
study. Subplot (a) shows dissolved O2 (μmol kg-1) at 500 meters depth (Garcia et al., 2023), while 83
(b) shows concentrations of chlorofluorocarbons (CFC-11 in pmol/kg) and white contours of 84
potential vorticity (10-12 m−1 s-1) at 500 meters depth (Lauvset et al., 2024). Both maps indicate 85
the locations of hydrothermal vents, represented by white triangles. Yellow diamonds mark East 86
Pacific Rise core sites which document elevated hydrothermal metal fluxes during the 87
deglaciation (Frank et al., 1994; Lund et al., 2016; Lund et al., 2019). 88

One proposed solution is that the anomalies are due to unspecified diagenetic overprints 89
erasing the primary seawater radiocarbon signature. However, the sampled benthic and 90
planktonic foraminifera data in the ETNP pass a wide range of preservation tests, show 91
replication on multiple benthic foraminifera species, and are built on a high-quality sedimentary 92
age model (based on 14C-dated terrestrial wood fragments; Rafter et al., 2018) (Fig. 3d). One 93
specific concern is the possibility of overgrowth of authigenic carbonate on foraminiferal tests, 94
associated with sediment porewater sulfate reduction horizons, which can alter foraminifera 95
14C ages in northwest Pacific sediments (Cook et al., 2011). If these Δ14C anomalies were driven 96
by sulfate reduction, we would expect them at similar sediment depths along the same redox 97
horizon. Instead, the anomalies are found in sediments of the same geological age but at 98
varying depths (Marchitto et al., 2007; Rafter et al., 2018). This coincidence could be explained 99
by active sulfate reduction in surface mixed-layer sediments during the anomalous periods, 100
possibly driven by transient intensification of oxygen-deficient denitrification zones in the 101
eastern tropical Pacific during the deglacial period (Studer et al., 2021). However, a dilution of 102
foraminiferal calcite greater than 20% needed to produce a 200‰ radiocarbon anomaly would 103
be visible upon inspection of the picked foraminiferal samples and moreover, their stable 104
isotopic composition would reveal the poor preservation state of the tests–neither of which are 105
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observed (Cook & Keigwin, 2015; Rafter et al., 2018). As such, we lack any sound basis to 106 
discount the ETNP radiocarbon anomalies, posing a challenge to interpreting other spatially 107 
isolated deglacial radiocarbon anomalies, such as those offshore Oman (Bryan et al., 2010) and 108 
the Galapagos (Stott et al., 2009). 109 

We investigate an alternative explanation for the deglacial radiocarbon anomalies: a release of 110 
14C-free carbon from geologic sources on the ETNP seafloor (Lund & Asimow, 2011; Rafter et 111 
al., 2019; Ronge et al., 2016; Stott et al., 2009; Stott et al., 2019; Stott & Timmermann, 2011), 112 
possibly related to climate-paced variability in seafloor spreading and volcanism (Huybers & 113 
Langmuir, 2009; Lund et al., 2016; Lund et al., 2019; Lund & Asimow, 2011). Independent 114 
evidence for enhanced hydrothermal activity during deglaciation is also provided by ridge-crest 115 
sediment records of metal fluxes along the EPR (Frank et al., 1994; Lund et al., 2016; Lund et al., 116 
2019). In this hypothesized scenario, the anomalous foraminiferal samples grew in seawater 117 
with admixed geologic carbon. Some proponents of this hypothesis suggest the geologic carbon 118 
was released in the form of CO2, contributing to the deglacial rise of atmospheric CO2 (Ronge et 119 
al., 2016; Stott et al., 2009; Stott et al., 2019; Stott & Timmermann, 2011). However, significant 120 
CO2 release would have lowered seawater pH and reduced carbonate ion (CO3

2-) concentrations 121 
and CaCO3 saturation, causing partial or complete dissolution of the anomalous foraminifera 122 
material—which instead appears well preserved (Lindsay et al., 2015; Marchitto et al., 2007; 123 
Rafter et al., 2018, 2019; L. Stott et al., 2009).  124 

More recently, Rafter et al. (2019) proposed that the geologic carbon was instead neutralized 125 
by an equimolar amount of alkalinity, converting the CO2 to bicarbonate (HCO3

-) and mitigating 126 
localized seawater acidification. Such alkalinity could plausibly be supplied by carbonate 127 
mineral dissolution, consistent with the limited δ¹³C shift associated with neutralized geologic 128 
carbon addition (Green et al., 2024; Fig. S1), though basalt alteration or other water–rock 129 
reactions may also have contributed. Further, inverse carbon cycle modeling based on 130 
reconstructed atmospheric CO2 and ∆14C records suggests that geologic carbon release was 131 
unlikely to exceed ~800 Pg C and must have been accompanied by a comparable input of 132 
alkalinity (Green et al., 2024). However, this scenario fails to produce basin-scale Δ14C 133 
anomalies due to the rapid dissipation of the ∆14C signal within the global carbon cycle (Green 134 
et al., 2024; Hain et al., 2011).  135 

In this study, we directly assimilate the anomalous ETNP Δ14C data to infer the required carbon 136 
release in a refined model representation of the Gulf of California (GoC) region with varying 137 
degrees of hydrographic isolation. We also present new benthic and planktic foraminiferal 138 
boron isotope data (δ11B, a proxy for seawater pH), measured on the same samples and over 139 
the same interval as the observed 14C-depletions. These data allow us to constrain the 140 
carbonate system perturbation associated with the 14C-depletions and determine the 141 
concomitant alkalinity inputs.  142 
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2 Materials and Methods 143

2.1 Model details 144

2.1.1 ETNP regional model  145

To simulate geologic carbon addition in the Eastern Tropical North Pacific (ETNP), we developed 146
a regional three-box carbon cycle model specifically tailored to this region. The model 147
comprises three connected boxes: (1) the intermediate-depth ETNP shadow zone, which 148
interacts with the Gulf of California (GoC) via the Mexican Coastal Current (MCC; Gómez-149
Valdivia et al., 2015), (2) the northward-flowing subsurface GoC waters, and (3) the southward-150
flowing surface waters in the GoC. These are referred to as the “Marchitto box” (in reference to 151
the original discovery of the Δ14C anomalies; Marchitto et al., 2007), the “GoC subsurface box,” 152
and the “GoC surface box”, respectively (Fig. 2). Within these boxes we optimize for carbon and 153
alkalinity fluxes to replicate the observed ∆14C anomalies (Marchitto et al., 2007; Rafter et al., 154
2018, 2019). 155

 156

Figure 2. Regional model framework and observational data used to inform the model. Mean 157
Gulf circulation is estuarine: in at depth and out at the surface (dashed arrows; Lavín & 158
Marinone, 2003). The regional model framework is shown by the teal boxes (panel b). The 159
model’s boundary conditions come from the global carbon cycle model, CYCLOPS, and are 160
shown with black boxes (panel b). Markers indicate the location of proxy data used in this study, 161
from the California Undercurrent (orange circle) and Gulf of California (orange sideways triange 162
and square) site LPAZ-21P (a and b). In panel b, the markers are shown in each box 163
corresponding to which data informs which box in the regional model. In panel a, there are two 164
markers for the Gulf of California site LPAZ-21P because the core site includes planktic and 165
benthic data. Note that the subsurface (200 to ≈700 m) Mexican Coastal Current (MCC) feeds 166
into the deep Gulf and California Undercurrent (Gómez-Valdivia et al., 2015), bathing both the 167
Gulf and Undercurrent core sites (Marchitto et al., 2007), thus the Undercurrent core site 168
(orange circle) can be assumed representative of water “upstream” to the Gulf of California core 169
site. Figure is adapted from Rafter et al. (2019). 170

The GoC subsurface and surface boxes are assigned depths of 600 meters and 200 meters, 171
respectively, with the subsurface depth based on benthic radiocarbon records found at 624 172



manuscript submitted to Paleoceanography and Paleoclimatology 

 

meters (Rafter et al., 2018) and the surface depth based on Lavín and Marinone (2003). The 173 
northern boundary is defined at the Guaymas Basin, where upwelling occurs approximately 550 174 
km north of the GoC core site (Rafter et al., 2019). The model’s GoC box width is set to 150 km, 175 
following Nix (2013).  176 

Given the uncertainty in the spatial extent and relative isolation of the 14C-depleted water mass 177 
entering the GoC, we conduct experiments across a range of Marchitto box sizes (0.01 to 10 178 
times the GoC volume) and mixing rates (0.01 to 5 Sverdrups (Sv), where 1 Sv = 10⁶ m³ s⁻¹; Fig 179 
4a). We highlight two end-member cases: a “fast-flushing” scenario with high mixing (4.7 Sv) 180 
and a smaller box (5.6 times the GoC), and a “slow-flushing” scenario with low mixing (0.5 Sv) 181 
and a larger box (9.65 times the GoC). These scenarios capture how varying degrees of regional 182 
isolation affect the amount of carbon release needed to produce the reconstructed ∆14C 183 
signals. Within the regional model, advection is set at 0.45 Sv based on Rafter et al. (2019), 184 
correcting a typographical error in the original manuscript that reported 0.3 Sv. Mixing within 185 
the GoC is assigned a rate of 0.03 Sv, an initial estimate approximately 15 times smaller than 186 
the advection flux. Further details on model parameters can be found in Figure 2. 187 

2.1.2 Coupling with CYCLOPS 188 

To incorporate global carbon cycle dynamics, we coupled this regional model with the CYCLOPS 189 
global carbon cycle model (Green et al., 2024; Hain et al., 2011, 2014) through an iterative 190 
process of asynchronous model coupling. The control run simulates background deglacial 191 
conditions with no geologic carbon addition (Hain et al., 2014).  192 

The regional GoC model is initially forced using CYCLOPS control simulation results,  including P, 193 
DIC, ALK,  Δ14C, and δ13C concentrations. Optimization of geologic carbon addition to the GoC 194 
regional model is  conducted using the minimize function from the SciPy library (Virtanen et al., 195 
2020), ensuring that simulated Δ14C values remain within a threshold of 0.1‰ of observations. 196 
Boundary fluxes diagnosed from the optimized GoC model are then applied as a forcing to the 197 
global CYCLOPS model to adjust the boundary condition for the GoC to be consistent with the 198 
simulated carbon and alkalinity release. With each iteration of this process the models 199 
exchange outputs so as to maintain chemical and isotopic mass balance, ensuring that both 200 
regional and global carbon cycle processes are captured. The iterative process continues until 201 
the boundary fluxes and geologic carbon release converge on a stable solution, within 1 Pg C 202 
over two consecutive runs. In most simulations presented in the main text, geologic carbon is 203 
added with an equimolar amount of alkalinity (ALK:DIC ratio of 1:1, simulating bicarbonate 204 
addition) and a δ13C value of -2.5‰, based on Green et al. (2024). To explore other potential 205 
sources of geologic carbon, we also simulate the slow-flushing scenario with geologic carbon 206 
added as pure CO₂ (ALK:DIC ratio of 0) and a δ13C value of -8.9‰, based on the mean δ13C of 207 
CO₂ collected from hydrothermal vents in the GoC by Paduan et al. (2018) (Fig. S1c). Because 208 
the CYCLOPS control simulation underestimates baseline Δ¹⁴C in the intermediate North Pacific 209 
relative to the observations, the boundary conditions imposed on the ETNP model are slightly 210 
too low before optimization. As a result, simulated anomalies are muted compared to the data. 211 
If the baseline Δ¹⁴C were higher, a larger anomaly would be required, implying either greater 212 
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isolation or higher geologic carbon fluxes. Because both regional ocean circulation and the rate 213 
of geologic carbon release influence the relationship between rate and resulting 14C signal, 214 
both factors will be analyzed and discussed below. 215 

2.1.3 ∆14C data assimilated with the regional model 216 

Our regional model framework is informed by Δ14C data from benthic and planktic foraminifera 217 
collected at the mouth of the GoC and along the Pacific margin of Baja California. For the GoC, 218 
benthic and planktic foraminiferal data were gathered from a depth of 624 meters (Rafter et al., 219 
2019). The subsurface Δ14C record was built using benthic foraminifera species Planulina 220 
ariminensis and Uvigerina spp., both of which are good recorders of bottom water Δ14C (Rafter 221 
et al., 2018). The surface water Δ14C record was built by measuring the planktic foraminifera 222 
species Globigerina bulloides. For years with multiple benthic records, we used the average 223 
Δ14C value of both species to provide a representative estimate. 224 

The GoC core site is influenced by the MCC, which transports poorly ventilated subsurface 225 
waters northward (Gómez-Valdivia et al., 2015). This current also supplies water to the 226 
California Undercurrent, overlying sediment core sites along the Pacific margin of Baja 227 
California, where the earliest deglacial Δ14C anomalies were observed (Marchitto et al., 2007). 228 
Accordingly, we use the mixed benthic foraminiferal record from California Undercurrent 229 
waters (Marchitto et al., 2007) as a proxy for conditions in the MCC and the ETNP shadow zone 230 
(i.e., the Marchitto box; see Fig. 2). The GoC follows an estuarine circulation pattern, with deep 231 
inflowing seawater and surface outflow. Within this structure, benthic foraminiferal data 232 
represent the characteristics of poorly ventilated subsurface inflow from the MCC, while 233 
planktic foraminifera reflect the outflowing surface water conditions (i.e., the GoC boxes; see 234 
Fig. 2). 235 

In addition to Δ14C, we also measured δ13C and δ11B from the same sediment core as the GoC 236 
Δ14C anomalies (Rafter et al., 2018, 2019), derived from the benthic foraminifera P. ariminensis. 237 
These additional isotopic records provide further insights into the past carbonate chemistry and 238 
water mass characteristics of the ETNP, supplementing the Δ14C data used to inform the model.  239 

In our framework, all ∆¹⁴C records (from the Marchitto box and the Gulf of California; Marchitto 240 
et al., 2007; Rafter et al., 2018, 2019) are assimilated to optimize the required geologic carbon 241 
release under different flushing scenarios. By contrast, δ¹³C and δ¹¹B data from the Gulf of 242 
California core are not assimilated and therefore provide independent validation of the 243 
modeled carbonate system response. 244 

2.2 Proxy data 245 

2.2.1 δ11B analytical methods and ∆pH calculations 246 

Between 4-8 benthic and > 50 planktic foraminiferraa tests were picked from the >250 mm and 247 
>125 mm size fraction for trace element and boron isotope (δ11B) analyses. Sample 248 
preparations were carried out in a low-boron clean lab at the University of St Andrews. Samples 249 
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were cleaned based on the “Mg-cleaning” oxidation procedure (Barker et al., 2003; Rae et al., 250 
2011). An aliquot (~3% of the total sample) was taken for trace element analyses, which were 251 
performed on an Agilent 8900 ICP-MS at the University of St Andrews using matrix-matched 252 
standards. Long-term reproducibility of Mg/Ca and B/Ca using this method is 1.2% and 2.3% (2 253 
SD), respectively. Prior to δ11B analysis, samples were screened for potential contamination by 254 
checking various elemental ratios (B/Ca, Mg/Ca, and Al/Ca). All samples have Al/Ca ratios <100 255 
μmol/mol.  256 

Boron was separated from the sample matrix using Amberlite IRA-743 boron specific anion 257 
exchange resin. For one set of samples, the protocol followed the ‘column’ method of Foster 258 
(2008) and Foster et al. (2013). For a subsequent set of samples, the ‘batch’ protocol of Trudgill 259 
et al. (2024) was used, which improves the precision of δ11B analysis at low concentrations 260 
typical of foraminiferal samples. Analysis of the same standard by both techniques shows no 261 
significant offset between the techniques (Trudgill et al., 2024 and below).  262 

δ11B was measured on a Thermo Scientific Neptune plus MC-ICP-MS at the University of St 263 
Andrews, based on protocols described in Foster (2008), Rae et al. (2011), Rae (2018), but with 264 
the addition of high ohmage (1013 Ω) resistors and triplicate sample analyses (Trudgill et al., 265 
2024; Xu et al., 2024). Samples were corrected for total procedural blank, which averaged 80 pg 266 
for the samples for through columns, and ~9 pg for the samples analyzed by batch.  267 

Rae et al. (2011) previously reported uncertainties of ±0.23‰ (2 SD) for samples of ~20 ng, 268 
increasing at smaller sample sizes. This has been improved given the developments in analyses 269 
described above (Trudgill et al., 2024). For example a boric acid standard (ERM-AE121; Vogl & 270 
Rosner, 2012) run during these sessions at a similar concentration and under the same 271 
conditions as these samples (15-25 ppb) gave δ11B = 19.64 ±0.06‰ (2 SD, n = 8). However as 272 
full description and quantification of this updated method is beyond the scope of the current 273 
study, we assign conservative analytical uncertainties following the relationships in Rae et al. 274 
(2011) for the samples analysed through columns. For the samples analyzed by batch (which 275 
improves the precision of small samples relative to columns), we assign the external standard 276 
deviation of repeated analysis of NIST 8301 Foram (spanning the sample size range of the 277 
foraminiferal samples) by this method during the analytical session (±0.11 ‰ 2SD, n=5), which 278 
agrees with the long-term reproducibility of the method within the lab as reported by Trudgill 279 
et al. (Trudgill et al., 2024) in size range spanning the samples.  280 

Replicate purifications and measurements of NIST 8301 Foram (a dissolved carbonate standard 281 
with a composition mimicking planktic foraminifera), analyzed during the same analytical 282 
sessions as the samples, gave a value and ±2 SD of 14.72±0.23‰ (n = 2) using the columns 283 
method at 25 ppb, and 14.63±0.11 ‰ (n = 5) at 15 ppb using the batch method. Thus, no 284 
significant difference between the methods is evident.  285 

We reconstructed pH from the δ11B measurements using the established boron isotope-pH 286 
proxy (Zeebe & Wolf-Gladrow, 2001): 287 
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Here,  and  are the equilibrium boron isotope effect and fractionation factor (i.e., 27.2‰ and 288 
1.0272; see Klochko et al. (2006). δSW represents the boron isotopic composition of bulk 289 
seawater, for which we use 39.61‰, and δ0 is the reconstructed boron isotopic composition of 290 
borate from which pH is calculated. pKB is the borate/boric acid equilibrium constant, which is 291 
temperature and salinity dependent (Dickson, 1990). For calculating pKB, we use mean ocean 292 
temperature reconstructions (Bereiter et al., 2018) and a constant salinity of 35 PSU.  293 

Relative pH changes (Fig. 4 and 5) was calculated as the deviation of individual pH estimates 294 
(pH0) from the mean reconstructed pH across all δ11B measurements. To account for 295 
uncertainties, we propagated errors from the δ11B measurements (±1σ) and temperature (±1 296 
˚K) on pKB, yielding 1σ error bars for the pH reconstructions.  297 

2.2.2 δ13C analytical methods 298 

Benthic δ¹³C measurements of P. ariminensis were performed on a Thermo Kiel IV Carbonate 299 
Device connected to a Thermo MAT 253+ Isotope Ratio Mass Spectrometer at the Paleo² 300 
Laboratory at the University of Arizona. The δ¹³C data are reported in permil notation relative to 301 
the Vienna Pee Dee Belemnite scale (‰, VPDB). IAEA-603 was analyzed (n=40) as an external 302 
standard, and the 1  precision was 0.05‰ for ¹³C, which is consistent with the long-term 303 
precision of this setup (0.05‰; n>1500).  304 

2.2.3 CFC-11 interpolation 305 

To characterize the distribution of CFC-11 in the ETNP, we used data from the GLODAPv2 2023 306 
dataset (Lauvset et al., 2024). Observational points within the ETNP were filtered for CFC-11 307 
values at depths closest to 500 meters, then interpolated across a 2D grid using Ordinary 308 
Kriging with a linear variogram model, creating a continuous spatial representation of CFC-11 309 
concentrations (Fig. 1b).  310 

3 Results 311 

3.1 Simulating the ETNP ∆14C anomalies  312 

The ETNP ∆14C anomalies (Lindsay et al., 2016; Marchitto et al., 2007; Rafter et al., 2018, 2019) 313 
(Fig. 1a) are situated in a 'shadow zone' of the geostrophic flow of the North Pacific gyre, where 314 
potential vorticity barriers limit exchange between the ETNP and the open Pacific. This 315 
hydrodynamic isolation coincides with low oxygen concentrations and weak intrusion of 316 
anthropogenic CFC-11 (Fig. 1a and 1b), making it a plausible site for localized radiocarbon 317 
depletion.  318 

We assess the impact of hydrodynamic isolation using our coupled regional-global box model 319 
(Section 2.1), in which we systematically vary the volume of the Marchitto box and its boundary 320 
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exchange fluxes with the open ocean as simulated by the global CYCLOPS model. Here, we 321
focus on two illustrative end-member scenarios that span a plausible range of conditions: (1)  a 322
“fast-flushing” case (red symbols in Figs. 3 and 4) with high exchange (~5 Sv) and small volume 323
(~5x GoC), and (2) a slow-flushing case (yellow symbols in Figs. 3 and 4)  with low mixing (~0.5 324
Sv) and larger volume (~10x GoC). In the Marchitto box, the slow-flushing scenario requires 393 325
Pg C to match the observed Δ14C anomalies, compared to 1845 Pg C for the fast-flushing case 326
(Fig. 3c). Downstream, inside the GoC, both scenarios converge on ~600 Pg C needed to 327
reproduce the Δ14C signals in the GoC subsurface and surface boxes (Fig. 3a, b). The total 328
carbon added for both end-member scenarios broadly align with the conservative (~800 Pg C) 329
and speculative (~2400 Pg C) upper bounds from the global radiocarbon budget (Green et al., 330
2024) (Fig. 3a). 331

 332
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Figure 3. Comparison of simulated and observed 14C anomalies, atmospheric data, and pH 333
change, with modeled geologic carbon release rates for both slow and fast flushing 334
experiments. Panels a–c display the simulated ∆14C anomalies and release rates for the 335
Marchitto box (panel c), the GoC subsurface (panel b) and the surface (panel a), with 336
observational ∆14C data shown as markers: circles for the Marchitto box (Marchitto et al., 2007), 337
squares for GoC subsurface (Rafter et al., 2018) (benthic), and triangles for GoC surface (Rafter 338
et al., 2018; planktic). Simulated ∆14C results are shown as lines with shaded areas representing 339
release rates. Yellow and red correspond to the slow and fast flushing experiments, respectively. 340
Panel d and e display atmospheric ∆14C (Reimer et al., 2020) and CO2 (Bereiter et al., 2015), 341
respectively, alongside simulated results. The simulated results are shown relative to a control 342
run based on the deglacial carbon cycle scenario from Hain et al. (2014). Wood Δ14C data is 343
shown with brown circles, which was used for calibrating the age model in Rafter et al. (2018, 344
2019) and the new data from this study. Panel f shows the observed pH change (derived from 345
δ11B data, with 1σ uncertainty indicated by error bars) and simulated pH change. Panel g 346
displays cumulative carbon addition, with dashed black lines showing constraints based on the 347
global radiocarbon budget (Green et al., 2024). 348

The large difference in total carbon released between the two end-member scenarios offers a 349
useful contrast when comparing to reconstructed atmospheric Δ14C, CO2, and regional pH data. 350
The fast-flushing experiment, which releases 2482 Pg C, slightly undershoots reconstructed 351
atmospheric Δ14C. This discrepancy is consistent with a possible bias in the simulated 14C 352
production history before the LGM (Green et al., 2024). Additionally, it overshoots 353
reconstructed CO2, related to the fixed equimolar carbon and alkalinity flux used to match the 354
ETNP ∆14C anomalies. The slow-flushing scenario better fits atmospheric ∆14C and CO2, though 355
both scenarios are broadly consistent with these data considering uncertainties in the 14C 356
budget and the assumed carbon-to-alkalinity ratio. The similarity in CO2 histories across two 357
vastly different carbon cycle scenarios arises because equimolar carbon and alkalinity release 358
have minimal impact on seawater pH, confirmed by the small pH change in our reconstructions 359
for the GoC site (Fig. 3f, 4b) based on epifaunal benthic foraminifera. 360

 361

Figure 4. Physical and geochemical constraints on geologic carbon addition. (a) Physical 362
constraints showing simulated carbon release across a range of mixing rates (y-axis) and 363
Marchitto Box sizes (x-axis, in multiples of GoC volume). Contours represent the total carbon 364
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required simulate ∆14C anomalies, with gray lines indicating global radiocarbon budget limits 365 
(Green et al., 2024). Yellow and red circles denote slow and fast flushing end-member 366 
experiments, respectively, with black dashed lines showing their respective residence times of 367 
the Marchitto box. (b) Geochemical constraints based on PyCO2SYS (Humphreys et al., 2021) 368 
solver results and observations. Unlike Figure 3f, which covers the 20–10 ka interval, Figure 4b 369 
includes the full δ¹¹B-derived pH dataset extending back to 35 ka; no interpolation was applied. 370 
We apply a scaling relationship between 14C-free carbon addition and resulting Δ14C anomalies 371 
from the CYCLOPS carbon cycle model (∆∆14C = -0.31 * ΔDIC) to align PyCO2SYS-derived 372 
aragonite saturation state (Ω) contours with calculated ∆pH and  ∆∆14C from observed GoC data 373 
spanning 35 kyr to 11 kyr BP (yellow squares for benthic and red triangles for planktic). 1σ  error 374 
bars are shown for the pH reconstruction derived from δ11B. Ω contours are calculated from a 375 
range of DIC and pH values, assuming a baseline DIC concentration of 2150 μmol kg⁻¹ and a pH 376 
of 8.07. Dashed black lines indicate ALK:DIC ratios for different hypothetical geologic carbon 377 
sources. Collectively, the δ¹¹B and Δ¹⁴C data are consistent with an ALK:DIC ratio in the range of 378 
1.0–1.2, similar to the constant ratio of 1 used in our simulations and the mean ratio of ~1.1 379 
estimated by Green et al. (2024). For all ratios in this range, CaCO₃ saturation (Ω) increases with 380 
carbon addition, consistent with the observed preservation of foraminiferal tests. 381 

If the carbon were released as pure CO₂ without alkalinity, it would lead to substantial local 382 
acidification and elevated atmospheric CO₂ levels. In our slow-flushing scenario, pure CO₂ 383 
addition results in a sustained pH drop of more than 1 unit throughout the deglacial period–far 384 
exceeding the minor pH change (~0.05) observed in δ11B-derived data (Fig. 3F, Fig. S1b) , which, 385 
although lower in temporal resolution than the Δ¹⁴C record, shows no evidence of short-term 386 
acidification. To generate the observed Δ14C anomalies without deviating from this pH 387 
constraint, the geologic carbon must have an alkalinity-to-dissolved inorganic carbon (ALK:DIC) 388 
ratio between 1:1 and 1.2:1 (Fig. 4b). Pure CO₂ addition (ALK:DIC of 0:1) immediately drives 389 
unobserved acidification before producing any notable ∆14C anomaly. Additionally, CO₂ addition 390 
would cause atmospheric CO₂ levels to greatly overshoot reconstructed values, reaching 391 
approximately 300 ppm by ~12-kyr BP (Fig. S1a). 392 

4 Discussion 393 

4.1 Role of hydrodynamic isolation  394 

While geologic carbon release is expected to drive localized Δ14C anomalies, previous attempts 395 
to simulate such anomalies in the equatorial and South Pacific have failed, even with carbon 396 
release rates comparable to our high-flushing scenario (Ronge et al., 2016; Stott et al., 2019). To 397 
understand this discrepancy, we consider the carbon isotope mass balance of a region affected 398 
by a persistent ∆14C anomaly: First, a larger volume ( ) of affected water requires more 14C-free 399 
geologic carbon input ( ) to attain a given ∆14C anomaly ( ) against the background seawater 400 
DIC. Second, and more importantly, maintaining this anomaly ( ) against mixing ( ) with 401 
the global ocean requires a persistent flux ( ) of geologic carbon that is reciprocal to the 402 
flushing timescale (  ) of the affected volume, but not the volume itself. 403 
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The key insight from this consideration is that a relatively sizable region of affected water 404 
requires a substantial amount of initial carbon release ( ) to develop observed anomalies (i.e., 405 
A of -0.2≈ -200‰), but the cumulative release needed to sustain these anomalies depends 406 
primarily on the flushing timescale. For example, generating a ~200% anomaly across a 100m 407 
depth interval of the North Pacific thermocline ( ) or the GoC (408 

) requires an initial carbon input of 48 Pg C and 0.84 Pg C, respectively. Sustaining 409 
these anomalies for 1000 years against 1 Sv of exchange, however, requires 189 Pg C 410 
cumulative release in both cases, as the larger volume is flushed more slowly (254 years) than 411 
the smaller one (4.6 years) 412 

Our results demonstrate the observed ETNP ∆14C anomalies can be sustained in a region the 413 
size of the GoC, even with relatively short flushing timesclaes (  < 5 years, Fig. 4a). In contrast, 414 
producing comparable anomalies in a larger region would require decades-long isolation that 415 
may be incompatible with known Pacific circulation. These findings suggest that the ETNP 416 
shadow zone’s reduced ventilation made it uniquely susceptible to sustained ∆14C depletion, 417 
consistent with the observed spatial clustering of reconstructed ∆14C anomalies.  418 

Zonal oxygen supply estimates suggest a mean flushing time of 17 years for the eastern tropical 419 
Pacific oxygen deficient zones (ODZs north and south of the equator; Sonnerup et al., 2019), 420 
and CFC-derived ventilation ages for the ETNP exceed 30 years on the 26.8 isopycnal (Fine et 421 
al., 2001). As of 1999, there was a sharp CFC front on the 26.8 isopycnal adjacent to Baja 422 
California, with concentrations dropping from 0.5 pmol kg-1 at 28˚N to 0.1 pmol kg-1 at 24˚N 423 
(van Geen et al., 2006), placing the Marchitto site and GoC into the most isolated corner of the 424 
ETNP shadow zone. Additionally, the reconstructed expansion of the ETNP ODZ during the 425 
deglacial period (Ganeshram & Pedersen, 1998; Gardner et al., 1997; Keigwin & Jones, 1990; 426 
Lyle et al., 1996; Studer et al., 2021) is consistent with hydrographically restricted oxygen and 427 
CFC flow from the subpolar North Pacific to Baja California. This hydrodynamic isolation 428 
predisposes the region to develop large ∆14C anomalies, and any deglacial reduction in flushing 429 
time would proportionally decrease the required carbon release to drive ∆14C anomalies. This 430 
mechanism could plausibly apply also to other ridge-proximal sites with ∆14C anomalies in 431 
partially isolated settings, such as the Arabian sea (Bryan et al., 2010) or the North Atlantic 432 
under stadial climate conditions (Thornalley et al., 2011, 2015).  433 

Our explanation for the ETNP is in contrast with other Pacific sites where large ∆14C anomalies 434 
have been reported without significant isolation from the basin-wide circulation (Bova et al., 435 
2018; Ronge et al., 2016; Stott et al., 2009). In these cases, anomalies may be highly localized to 436 
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the point of carbon release or reflect porewaters within the sediment column. For example, in 437 
the case of Galapagos, large ∆14C anomalies in benthic foraminifera (living in the top few 438 
centimeters of sediment) coincide with no ∆14C anomalies in nearby deep-sea corals (living on 439 
hard seafloor substrates and therefore directly sampling bottom water ∆14C, unlike benthic 440 
foraminifera; Chen et al., 2020).  441 

While our optimized release histories appear as stadial- and interstadial-timed millennial-442 
timescale pulses (Fig. 3), these should be viewed as schematic outcomes of the optimization 443 
rather than literal reconstructions of forcing. The intent of our approach is to bracket the fluxes 444 
required under different flushing regimes, not to prescribe climate-paced inputs. More 445 
realistically, ridge-related carbon fluxes likely increased more broadly during deglaciation in 446 
response to sea-level change (Huybers & Langmuir, 2009; David C. Lund & Asimow, 2011). In 447 
our model ensemble we did not optimize flushing time for a given assumed pulse geologic 448 
carbon, but we show that the total amount of carbon release required to meet observed ∆14C 449 
anomalies depends critically on regional circulation changes (Fig. 4a). As such, we deem it more 450 
likely that the millennial-timescale structure of the ETNP ∆14C anomaly responds to changes in 451 
regional circulation, rather than reflecting directly the time evolution of the geologic carbon 452 
source. 453 

 4.2 Carbon cycle implications  454 

We find no discernable change in reconstructed seawater pH associated with severe ∆14C 455 
anomalies in benthic and planktic foraminifera from the GoC (Fig. 4b), consistent with the 456 
recent discovery of carbon-rich, pH-neutral and CaCO3-forming hydrothermal vents in the 457 
southern GoC (Paduan et al., 2018). The expected regional pH anomaly (∆pH) and its effect on 458 
seafloor CaCO3 saturation (∆lnΩ) depend on the ambient seawater carbonate ion concentration 459 
([CO3

2-] of 50-80 μmol kg-1) and the difference in carbon and alkalinity release fluxes (FCO2 minus 460 
FALK) divided by the flushing timescale ( ): 461 

 

Here, CPF (carbonate proton fraction) equates to the fraction of total seawater buffering due to 462 
the bicarbonate/carbonate buffer (Hain et al., 2015). The absence of a pH anomaly or signs of 463 
corrosion in our foraminifera samples suggests nearly equimolar CO₂ and alkalinity fluxes 464 
(FCO2≈FALK; i.e. carbon release predominantly in the form of bicarbonate ion), consistent with 465 
the hypothesized ‘neutralized carbon’ release as the source of the ETNP ∆14C anomalies (Green 466 
et al., 2024; Rafter et al., 2019).  467 

Once globally dissipated, equimolar carbon and alkalinity release would minimally affect deep-468 
ocean Ω and cause only a small atmospheric CO2 rise (∆lnCO2) after accounting for CaCO3 469 
compensation:  470 
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where the scaling factors account for seawater buffering and equilibration with a finite 471 
atmosphere (Hain & Sigman, 2024). For example, the cumulative release of 800 Pg geologic 472 
carbon as 67 Pmol CO2 would cause severe ocean acidification and 67 Pmol net CaCO3 473 
dissolution, resulting in an ~8% CO2 rise. In contrast, an equimolar CO2 and alkalinity release 474 
would be pH neutral, cause no CaCO3 dissolution, and raise CO2 by only 4%, consistent with the 475 
+12 ppm CO2 rise in our simulated slow-flushing scenario (Fig. 3e). Thus, neutralized carbon 476 
release can explain the pH-neutral ETNP ∆14C anomalies. Still, even when taken to the likely 477 
limit of the global 14C budget constraint (Green et al., 2024), it would contribute only modestly 478 
to the +47% observed deglacial CO2 rise. In this scenario, ∆14C anomalies remain concentrated 479 
in the ETNP shadow zone, without significantly impacting radiocarbon dating to reconstruct 480 
ocean circulation in the rest of the global ocean. 481 

5 Conclusions 482 

Our coupled regional–global box model demonstrates that the large ∆¹⁴C anomalies observed in 483 
the ETNP during the last deglaciation can be explained by geologic carbon release into a 484 
hydrodynamically isolated shadow zone. We show that a cumulative release of ~800 Pg of 485 
carbon—consistent with global radiocarbon budget constraints—is sufficient to reproduce the 486 
anomalies if residence times exceed a few years. 487 

Boron isotope reconstructions from the Gulf of California indicate no corresponding pH 488 
anomaly, supporting a pH-neutral, alkalinity-bearing carbon source. Our results suggest that 489 
carbon was released primarily as bicarbonate rather than CO₂, allowing for both preservation of 490 
seafloor carbonate and minimal impact on atmospheric CO₂. 491 

These findings reinforce the hypothesis of neutralized geologic carbon release during the 492 
deglacial period and demonstrate how regional ocean isolation can amplify local isotopic signals 493 
without overprinting the global ocean signal. As such, the ETNP ∆¹⁴C anomalies may reflect a 494 
localized carbon cycle perturbation that is consistent with both observational constraints and 495 
global mass balance. This supports the continued use of ∆¹⁴C as a tracer for global ocean 496 
circulation change, provided regional anomalies are carefully considered. 497 

 498 
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