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Abstract

Earth’s carbon cycle controls the concentration of the greenhouse gas carbon dioxide (CO2) in the atmosphere, which
influences the climate on our planet and thereby affects the many processes that control the carbon cycle. These climate-
carbon cycle feedbacks determine the long-term Earth System response to biological evolution, geologic drivers, and events
such as anthropogenic fossil fuel use. In Section “Earth’s carbon cycle” of this chapter we outline the reservoirs and chemistry
of carbon in Earth’s surface environment; in Section “Carbon fluxes and dynamic balances” we describe the dynamics
underpinning carbon cycle feedbacks, including a discussion of carbon cycle models, and in Section “Climate and the carbon
cycle”we survey the observational evidence base for our current understanding of long-term Earth System change by focusing
on available proxy records and reconstructions of the climate and carbon cycle across the Cenozoic Era. In facing our
collective impacts on Earth’s future carbon cycle and climate these concepts are fundamental to human stewardship of our
environment.
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2 Earth system carbon cycle dynamics through time
Key points
• Define feedback dynamics that stabilize fluxes among carbon reservoirs

• Survey key proxy systems used to reconstruct climate-carbon cycle coupling

• Outline reconstructed Earth System trends, shifts, rhythms, and aberrations

Introduction

In this chapter, we review fundamental carbon cycle concepts that determine the distribution of carbon on Earth’s surface and
connect this conceptual understanding to the Cenozoic record of carbon cycle and climate interactions as well as the future fate of
anthropogenic CO2. Our review leads us to outline new recommendations for future paleo-reconstruction projects and data-model
synthesis efforts aimed at constraining feedbacks between the carbon cycle and climate. We use results from a series of CO2-injection
experiments with the cGENIE intermediate complexity Earth systemmodel to differentiate and illustrate the importance of “closed-
system” redistribution of carbon within Earth’s surface environment versus “open-system” exchanges with the solid Earth,
demonstrating the timescales over which dynamic balances emerge. Rapid injection of CO2 into Earth’s atmosphere is immediately
taken up by the ocean (�102–103 year timescale), followed by seafloor carbonate compensation (�103–104 year timescale), and a
full “climate recovery” or reestablishment of initial atmospheric temperature ultimately occurs via the silicate weathering feedback,
which takes �105–106 years to return Earth to balance–a concept commonly referred to as “steady state.” In this chapter, we also
utilize refined terminology for categorizing paleo observations with respect to the relevant carbon cycle timescales described above,
specifically: a “trend” is a secular drift in open-system steady state, which occurs on a timescale greater than the silicate weathering
feedback; a “transition” occurs on the order of 105 years but fails to recover or reverse over the silicate weathering timescale; an
“aberration” is an abrupt disruption to the carbon cycle that does not correspond to an imbalance between carbon input fluxes and
silicate weathering or a change in steady state; carbon “optima” are steady state intervals of high CO2maintained by elevated rates of
carbon input –in other words, they are driven by changes in open-system fluxes; “rhythms” correlate with quasi-cyclic variations in
Earth’s orbital geometry, and finally “variability” refers to changes that occur over a millennial or shorter timescale. Ultimately,
paleo proxies provide a window into Earth’s past that may be used to explore how the carbon-climate system responds to
perturbations and shifting boundary conditions through time. Development of these proxies is an ongoing endeavor, and it is
becoming ever more clear that systems of independent proxies must be applied to fully constrain the carbon cycle, particularly the
ocean’s carbonate system. Further insight into the mechanisms governing the carbon cycle will come from combining increased
temporal- and spatial-resolution reconstructions based on established and novel proxy systems with new numerical modeling
approaches to assimilate these data. Close partnership between those who model the carbon-climate system and those who collect
new observations from physical materials is crucial to the research community’s mission to understand the boundaries, controls,
and instabilities in Earth’s linked carbon-climate system.
Earth’s carbon cycle

Evolution of life on Earth and its diverse biochemical pathways have over geologic time reshaped the surface environment and
created a complex network of global biogeochemical cycles, such as the global carbon cycle. To achieve a long-term stability the
coupled Earth System needs to maintain at least four delicate balances: (1) gross atmospheric CO2 exchange into and out of the
surface ocean are nearly balanced, (2) net primary production of biomass by photosynthesis is nearly balanced by heterotrophic
respiration of that biomass, yielding a relatively small net accumulation and burial of organic carbon shown as CH2O, (3) cation
supply to the ocean from continental weathering is balanced by burial of carbonate (CaCO3) ocean sediments, and (4) geologic
CO2 sources are thought to be balanced primarily by climate-dependent silicate mineral weathering and some burial of organic
carbon from (2), represented by the following simplified reactions:

CO2 + H2O $ H2CO3 $ HCO−
3 + H+ $ CO2−

3 + 2H+ (1)

CO2 + H2O $ CH2O + O2 (2)

CO2 + H2O + Ca2+ $ CaCO3 + 2H+ (3)

CO2 + CaSiO3 $ CaCO3 + SiO2 (4)

Carbon dioxide (CO2) dissolves into seawater (H2O) to form carbonic acid, which can give off protons (H+) to form bicarbonate
and carbonate ion as a matter of acid/base chemistry (Eq. 1). Photosynthesis uses sunlight to convert inorganic carbon of oxidation
state +IV (CO2 on the left) into organic carbon of oxidation state 0 (CH2O on the right) and thereby sequesters carbon from ocean
and atmosphere and produces oxygen (O2 on the right), whereas respiration yields energy by oxidizing the organic matter back to
inorganic carbon (Eq. 2). Formation of CaCO3 acidifies the remaining seawater (produces H+ on the right), whereas
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CaCO3 dissolution (right to left) neutralizes ocean acidification (Eq. 3). Silicate mineral weathering reactions convert CO2 to
CaCO3 without ocean acidification (left to right in Eq. 4). Each of these reactions involves carbon in the form of CO2, exemplifying
the multiple controls on the relatively small atmospheric CO2 reservoir (e.g., Sundquist and Visser Ackerman, 2014). These
dynamics will be covered in Section “Carbon fluxes and dynamic balances”. First, in Section “Earth’s carbon cycle” we outline
the geographic distribution of distinct carbon reservoirs of the Earth System (Section “Carbon reservoirs”), describe how these
reservoirs are represented in models of the carbon cycle (Section “Carbon chemistry”), and highlight the chemical speciation effects
on the solubility of CO2 in seawater (Section “Carbon cycle models”).
Carbon reservoirs

Earth’s carbon can be broadly divided into two sets of reservoirs: the combined “surface carbon” reservoir of ocean, atmosphere and
(land) biosphere, and “geologic carbon” contained in rock formations and stored in sediments (Fig. 1). Surface carbon cycling is
very rapid, but surface carbon is only a tiny fraction of all carbon on Earth. The vast majority of carbon is geologic and only
exchanges very slowly with the surface (Sundquist and Visser Ackerman, 2014). Geologic carbon includes inorganic carbonate
minerals that make up limestone, and organic forms of carbon either finely dispersed through sediment sequences or concentrated
in coal seams, methane hydrates, and deeply buried permafrost that tend to accumulate slowly but can potentially be released
rapidly back to the surface. Some ancient organic carbon has been converted to natural gas and petroleum, which humans started to
industrially extract and burn: anthropogenic carbon emission from fossil fuel use rapidly releases geologic carbon to the surface
(Fig. 1). Carbon in the surface environment (Eq. 5) is rapidly exchanged among the ocean, atmosphere, and land biosphere, where
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Fig. 1 Schematic Earth surface carbon cycle. Three large exchange fluxes link the ocean, atmosphere and land surface carbon stocks: (1) land plant growth and
heterotrophic respiration exchange about 130 petagram of carbon per year (PgC/year) of CO2 with the atmosphere (Section “Land carbon storage”); (2) air/sea gas
fluxes between atmosphere and surface ocean exchange CO2 at a rate of about 80 PgC/year; where seawater carbon storage is predominantly in the form of
dissolved inorganic carbon (DIC); and (3) ocean circulation exchanges seawater with its DIC between the surface ocean and the ocean interior, where only surface
DIC can exchange with the atmosphere (Section “Air/sea CO2 equilibration”). Plankton growth in the open ocean consumes surface DIC to produce organic matter
(Corg) and calcium carbonate (CaCO3) that “rains down” into the ocean interior before being converted back to DIC, thereby sequestering DIC and alkalinity (ALK;
Section “Carbon cycle models”) away from the atmosphere–a dynamic that is often referred to as the ocean’s biological pump (Section “The ocean’s biological
pumps”). Exchanges, between the combined surface carbon stocks with carbon stocks held by the solid Earth are dominated by the weathering of limestone rock
formations and the burial of CaCO3 in marine sediments (Section “CaCO3 compensation”), but other slow fluxes such as volcanic CO2 emissions, weathering of
silicate rocks (Section “Silicate weathering thermostat”) as well as weathering and burial of organic carbon (Corg; Section “Organic carbon”) can change the
combined surface carbon stock when allowing for long geologic timescales. Highlighted in orange as a point of comparison are carbon fluxes associated with
anthropogenic fossil fuel emissions and land use.
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inventories of carbon on the left-hand side are usually reported in grams of carbon (gC) while concentrations of dissolved inorganic
carbon (DIC), terrestrial organic carbon (Corg), and atmospheric CO2 are often reported on the basis of the number of carbon atoms
per mass of seawater, area of land surface, or number of other gas molecules, respectively. Average carbon concentrations can be
converted to inventories with a factor of 12 gC per 6 � 1023 (1 mol) of carbon atoms multiplied by the mass of the ocean (Moc),
land area (Aland), or number of gas molecules in the atmosphere (Natm):

Coc + Cland + Catm � 12gC
molC

DIC�Moc + Corg �Aland + CO2�Natm
� �

(5)

Ocean carbon
More than 90% of the total � 40,000 petagrams of carbon (PgC, 1015 gC) in the surface system resides in the ocean (Coc), with
about 9% of surface carbon stored in the land biosphere (Cland) and � 1% in the atmosphere (Catm). Ocean carbon (excluding
seafloor sediments; Fig. 1) exists predominantly in the form of dissolved inorganic carbon (DIC), where the average DIC
(2250 mmol per kilogram seawater) multiplied by the ocean’s mass (Moc) yields the equivalent of about 38,000 PgC. The ocean
carbon reservoir also includes dissolved organic carbon (DOC, not shown in Fig. 1). Most DOC is rapidly degraded back into DIC,
but a proportion is highly refractory (Hansell, 2013; Jiao et al., 2010). The total inventory of DOC is estimated at �600 Pg C
(average concentration < 40 mmol/kg with higher values in the surface), and that inventory may have been relatively constant
through Earth history (Fakhraee et al., 2021). Ocean biota, predominantly plankton, represent a comparatively small standing stock
of just �6 PgC particulate organic carbon (POC; Bar-On et al., 2018), where the carbon is contained within organic matter (OM)
biomass. DIC is the carbon source for biological production of POC and DOC via photosynthesis (green Corg in Fig. 1; Eq. 2, left to
right), and respiration of that organic carbon returns the carbon to the DIC pool (right to left). Some marine organisms build hard
parts from CaCO3 (purple in Fig. 1; Eq. 3, left to right), yielding a<1PgC inventory of particulate inorganic carbon (PIC) suspended
in the water column. Hence, more than 98% of all ocean carbon exists in the form of DIC, which unlike PIC, POC and DOC can
directly exchange CO2 with the atmosphere.

While the standing stocks of DOC, POC and PIC are small, they are central to the cycling of DIC in the ocean, yielding three
distinct DIC components (Fig. 1; Eq. 6): (1) DIC can simply exchange with the atmosphere at the surface and then circulate into the
ocean interior (about 34,000 PgC of preformed DIC), (2) DIC may be found in the ocean interior because organic carbon (DOC,
POC) was produced in the surface and sank to depth before being respired (DICOM

respired; up to 2000 PgC), or (3) because
CaCO3 hard-parts of marine organisms (PIC) sank to depth from the surface before being dissolved (DICCaCO3

dissolved; up to 1000 PgC).

DIC ¼ DICpreformed + DICOM
respired + DICCaCO3

dissolved (6)

The top few centimeters of seafloor sediments contain both inorganic and organic carbon (�2500 and 650 Pg C, respectively) that
are being converted into ocean DIC by dissolution and respiration while also being gradually buried and removed from the surface
carbon cycle (Sundquist and Visser Ackerman, 2014). Only the surface sediment mixed layer resulting from the bioturbation by
burrowing organisms is considered ‘reactive’ because it can return carbon to the ocean on relatively short timescales (<104 years, as
described in Section “Open system exchanges”), whereas the reactivity of carbon below the surface sediment mixed layer is limited
by diffusion. That is, most of the PIC and POC particles that settle onto the seafloor are recycled back into the surface carbon cycle
and only a small fraction are preserved and buried to become part of the geologic carbon inventories.

Land carbon
The terrestrial biosphere is a major reservoir of organic carbon (land carbon in Fig. 1; Cland in Eqs. 5 and 7), storing about 450 PgC in
living plants (Cplants), 1700 PgC in the upper 2 m of the soil column (Csoil) and an additional �1400PgC in permafrost (Cpermafrost)
(Bar-On et al., 2018; Canadell and Monteiro, 2021; Friedlingstein et al., 2022), when summing across Earth’s land surface area
(Aland). For practical reasons organic carbon storage is commonly measured and reported on a per square meter basis (Corg in Eq. 5;
molC/m2).

Cland ¼ Cplants + Csoil + Cpermafrost + Cheterotrophs (7)

Land plants obtain the CO2 they need for their growth from atmospheric CO2, and soil and permafrost carbon growth is tied to the
supply of organic carbon from land plants. In practice, Cland is approximated without explicitly accounting for the mass of carbon in
land animals (0.2PgC wildlife made upmainly of arthropods such as ants and termites, 0.1PgC livestock, and 0.06PgC human), but
the much more significant microbial and fungal biomass on land (<4PgC) is implicitly included in the soil carbon inventory.
Hence, heterotrophic organisms (Chetertrophs) are important to the cycling of carbon in their ecosystems but they are within the
rounding error of the other land carbon stocks (Bar-On et al., 2018).

Atmospheric CO2
Before anthropogenic carbon emissions, the atmospheric carbon reservoir (Catm) was �600 PgC (Fig. 1) at a concentration of 280
CO2 molecules per 1 million nitrogen, oxygen and argon molecules: i.e., 280 ppm (parts per million). Excluding water vapor, the
atmosphere has a total of 1.733 � 1020 mol of molecules (Natm in Eq. 5). This dry atmospheric mixing ratio of CO2 (xCO2 in ppm
units) is about 1–2% higher than CO2 partial pressure and fugacity (pCO2 and fCO2, both in units of matm−1) at typical surface
temperature, pressure and humidity. The relevant context for this natural CO2 inventory is that humans have emitted �470 PgC of
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CO2 from fossil fuel use and another�5 PgC net carbon release from land (Canadell et al., 2021). Catm has risen by only�295 PgC
because the ocean absorbed the remainder of the emitted total (�185 Pg C), as of the global carbon budget 2022 (Friedlingstein
et al., 2022).

In this view of the global carbon cycle the atmospheric CO2 reservoir (Catm) is of central importance, because it exchanges with
the ocean DIC carbon reservoir (Coc) through the sea surface, and with the land carbon reservoir (Cland) through the cell walls of
plants and heterotrophs. These exchanges between surface carbon reservoirs can be considered “rapid” (Section “Closed system
exchanges”), whereas the exchanges with carbon in sediments is considered “slow” and exchanges with geologic carbon are
considered “very slow” (Section “Open system exchanges”). Complicating this perspective is the treatment of carbon that is
chemically reactive but deeply buried in sediments; this includes deep permafrost organic carbon (Cpermafrost; �1400 PgC
(Canadell et al., 2021), and old marine organic matter fermented to methane (CH4 with carbon oxidation state -IV) and preserved
in clathrate ice along continental margins (�2000 PgC of methane hydrates; Archer et al., 2009). Both of these natural reservoirs
could be destabilized to rapidly release their carbon to the atmosphere (Archer et al., 2009; Ruppel and Kessler, 2017; Canadell
et al., 2021) but they are routinely excluded from carbon cycle models because their long build-up time scale remains a challenge for
simulation of the surface carbon cycle. Critically, ocean carbon cycling accounts for the vast majority of the surface carbon reservoir
(Fig. 1) and hence the carbon chemistry of the ocean through time is an important research horizon.
Carbon chemistry

Dissolved inorganic carbon (DIC) accounts for most of the ocean’s vast carbon inventory (Coc, Section “Carbon reservoirs”), and to
understand the large carbon storage capacity of the ocean it is essential to realize that DIC exists in seawater in different chemical
forms, but that only “dissolved CO2” can exchange with the atmosphere. To relate the CO2 concentration in the atmosphere to the
ocean DIC inventory requires consideration of gas solubility. CO2 has a low solubility (K0

⁎) in seawater, where it hydrates to aqueous
CO2 and reacts with water to form carbonic acid (Eq. 1); these two DIC species are usually counted together as H2CO3

⁎ or CO2
⁎

(Fig. 2). That is, with an atmospheric CO2 concentration of 280 ppm we can expect only �14 mmol/kg of H2CO3
⁎ dissolved in the

ocean:
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Fig. 2 Seawater carbon speciation and pH. Typical surface seawater contains about 2000 mmol/kg of dissolved inorganic carbon (DIC) including carbonic acid and
aqueous carbon dioxide (CO2

⁎; Eq. 8), singly-deprotonated bicarbonate ion (HCO3
−), and doubly-deprotonated carbonate ion (CO3

2−; Eqs. (9)–(11)). The relative
proportion of these DIC species as well as the deprotonation of boric acid (B(OH)3) to borate ion (B(OH)4

−) varies with pH governed by a set of stoichiometric
dissociation constants (Eq. 12). The net charge of seawater must be zero (Eq. 13) and so the surplus of strong base over strong acid that exists in seawater (positive
charge) is largely balanced by the deprotonation of the weak carbonic and boric acids (negative charge), a quantity defined as alkalinity (ALK; Eqs. 14 and 15; Fig. 3).
In this illustration, DIC and total boron are held constant at 2000 mmol/kg and 420 mmol/kg while pH and alkalinity increase from left to right. The equilibrium
constants were calculated for 25 �C and a salinity of 35 at surface pressure (Lueker et al., 2000; Dickson, 1990).
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H2CO ∗
3 ¼ K ∗

0 Tð Þ�CO2 � 1mmol=kg
20ppm

�280ppm ¼ 14mmol=kg (8)

with K0
⁎ mainly a function of temperature and here approximated at bulk ocean temperature of about 5 �C. In K0

⁎, the asterisk
signifies that this is a stoichiometric (not thermodynamic) chemical equilibrium constant involving concentrations (not activities)
of dissolved chemical species. We use stoichiometric equilibrium constants and refer to concentrations of chemical species
throughoutthechapter.ThebalancerepresentedbyEq.(8)meansthatdissolvedH2CO3

� accountsforonlyabout1%ofDIC,
whereas the rest exists in the form of singly-deprotonated bicarbonate ion (HCO3

−) and doubly-deprotonated carbonate ion
(CO3

2−). In Eqs. (9)–(12) that indicate the partitioning of carbon among these DIC species, K1
⁎ and K2

⁎ are the first and second
deprotonation constants of H2CO3; KB

⁎ is the deprotonation constant of boric acid (B(OH)3) to borate (B(OH)4
−); Kw

⁎ is the constant
of autoprotolysis of water. The proton and oxyhydroxide concentrations (H+, OH−) and the constants are commonly expressed as
pH, pOH and pK on a logarithmic scale of base 10:

HCO−
3 ¼ H2CO ∗

3 �
K ∗
1

H+ (9)

CO2−
3 ¼ HCO−

3 � K
∗
2

H+ ¼ H2CO ∗
3 �

K ∗
1 �K ∗

2

H+ð Þ2 (10)

DIC ¼ H2CO ∗
3 + HCO−

3 + CO2−
3 ¼ K ∗

0 �CO2 � 1 +
K ∗
1

H+ +
K ∗
1 �K ∗

2

H+ð Þ2
 !

(11)

pH ¼ − logH+ ¼ pK ∗
2 + log

CO2−
3

HCO−
3

¼ pK ∗
B + log

B OHð Þ−4
B OHð Þ3

¼ pK ∗
1 + log

HCO−
3

H2CO ∗
3

¼ pK ∗
W − logOH− (12)

To solve these Eqs. (9)–(12) to calculate pH and the concentration of the different DIC species (Fig. 2), we need to consider that the
net charge of seawater must always be zero (Fig. 3). The H+ ions are traded in every acid/base balance and therefore pH becomes
the master variable describing the deprotonation of weak acids in seawater. We can think of this charge balance constraint in
two different ways represented in Eqs. (13)–(15): (1) the net charge of water, H+ and OH−, (TOTH, in Morel and Hering, 1993) will
be the sum of the net charge of all other dissolved ions (Eqs. 13 and 12) the deprotonation of the weak carbonic acid and boric
acid is almost balanced by the difference between the strong bases and acids that effectively make up the salt content of seawater
(Eq. 15)–this quantity is referred to as alkalinity (ALK) (Eq. 14) and measured in “equivalents of charge” per kilogram of
seawater (mmoleq/kg is the product of ion charge and ion number concentration).

H+ − OH− ¼
X
charge

anions − cationsð Þ ¼
X
H,OH

acid − baseð Þ + HCO−
3 + 2CO2−

3 + B OHð Þ−4 (13)

ALK �
X
H,OH

base − acidð Þ � Na+ + 2Mg2+ + 2Ca2+ + K+ + 2Sr2+ − Cl− − 2SO2−
4 − NO−

3 (14)

ALK � HCO−
3 + 2CO2−

3 + B OHð Þ−4 � DIC + CO2−
3 + B OHð Þ−4 (15)

These formulations for ALK are slightly simplified by omitting minor species that should be included for best-practice
calculations (for “total alkalinity” see Dickson, 1981; Dickson et al., 2007; Wolf-Gladrow et al., 2007; Middelburg et al., 2020).
This is to highlight an eternal confusion about the two different but equivalent ways to define alkalinity: either (a) we subtract the
acid-derived anion charge (�600 mmoleq/kg) from the base-derived cation charge (�602 mmoleq/kg) for a net positive charge of
about +2350 mmoleq/kg in the bulk ocean average as defined in Eq. (14), or (b) we count the 2350 mmoleq/kg negative charge
of bicarbonate, borate and carbonate ion (Eq. 15). That is, ALK is net positive (charge) but it is also often calculated as the absolute
value of the negative charge of the deprotonated weak acids (Broecker and Peng, 1982)–as in Eq. (15). This is useful because it
relates ALK directly to the pH and chemical speciation of the carbon and boron in seawater. Further, these formulations demonstrate
a second principle of seawater chemistry that is often misunderstood: ALK is completely independent from DIC because we can
easily create an artificial seawater with an ALK of 2350 mmoleq/kg by titrating 602 mmoleq/kg of strong base with 600 mmoleq/kg of
strong acid, in complete absence of any carbon or boron (rendering Eq. 15 invalid). In this case, the net positive acid/base charge
would be balanced by the equivalent negative TOTH charge; 2350 mmol of OH− at a pH of about 11. Likewise, we can simply
bubble CO2 into seawater to cause ocean acidification (increasing TOTH charge and thus declining pH) without adding any strong
acid or removing any strong base.

DIC and ALK are not only independent from each other but they are also conservative, meaning that the mass of carbon and the
net charge of ions are conserved and can only change if there are chemical sources or sinks, not during physical transport or mixing
of seawater. Salinity is another conservative property of seawater, measured by conductivity and reported in Practical Salinity Units
(Lewis and Perkin, 1981) or absolute salinity (IOC, SCOR and IAPSO, 2010), but generally referring to the grams of dissolved salts
per kilogram of modern seawater (Forchhammer, 1865; Wallace, 1974). In the modern ocean the composition of dissolved salts is
practically constant throughout the ocean, but the dissolved salt concentration (i.e., salinity) is higher in surface regions of net
evaporation and lower in surface regions of net precipitation. That is to say, in the ocean interior there are no sinks or sources of
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accounts for almost all of the negative charge to balance alkalinity (Eq. 15 and Fig. 2). Column heights are not to scale: in typical modern seawater strong acids
and bases account for about 600,000 mmoleq/kg of charge each, with a difference of about +2250 mmoleq/kg mean ocean alkalinity and just about 5 mmoleq/kg
of OH- and only about 0.006 mmoleq/kg of H

+ (i.e., pH of 8.22; Eq. 12).
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salinity, and it can be used as a passive tracer of ocean circulation. This contrasts with DIC and ALK, which have biogeochemical
sources and sinks in the ocean interior and are thus tracers of biogeochemical cycling and ocean circulation. The chemical speciation
and pH of seawater is controlled by the conservative tracers (DIC, ALK, salinity) and physical conditions that are not conservative
(pressure and temperature). Ocean carbon cycle models hence need to simulate all five of these factors in order to solve for carbon
speciation and pH, which are not conservative. In contrast, carbon chemistry solver software (e.g., Raitzsch et al., 2021; Humphreys
et al., 2021; Sharp et al., 2020) often include the option to specify any two parameters of DIC, ALK, pH, CO2, HCO3

−, CO3
2−, or

CaCO3 saturation (O) and solve for the remaining parameters, at specified temperature, pressure and salinity. For seawater from the
geologic past it is further necessary to account for changes in the composition of dissolved salts that affect the chemical equilibrium
constants (i.e., the K terms in Eqs. (8)–(12); Ben-Yaakov and Goldhaber, 1973; Millero and Pierrot, 1998; Hain et al., 2015;
Clegg et al., 2023) and thereby also influence carbon speciation and pH.

Eq. (16) represents the charge balance of seawater in terms of carbonic and boric acid species–the two dominant weak acids
in seawater. For instance, if we take seawater and add a small increment of base (an increase in ALK) at constant DIC, the result will
be a decrease in the net charge of water (TOTH) with increased bicarbonate and boric acid deprotonation that increases the negative
charge of the weak-acid anions carbonate ion and borate (from left to right in Eq. 16 and Fig. 2). The opposite will happen if
strong acid is added, increasing TOTH (lowering pH) and shifting carbonate ion and borate to bicarbonate and boric acid (from
right to left in Eq. (16) and Fig. 2). In both of these cases the change in H+ is proportional to the shift in the speciation of
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the weak acids, as shown in the definition of pH (Eq. 12). In contrast, if instead DIC is incrementally added to seawater
without a change in ALK, it will come in the form of the uncharged H2CO3

� species, most of which promptly deprotonates to
bicarbonate, thereby increasing TOTH (lowering pH) and shifting carbonate and borate to bicarbonate (from right to left in Eq. 16).
The opposite will happen if DIC is removed, decreasing TOTH (raising pH) and shifting bicarbonate and boric acid to carbonate ion
and borate (from left to right in Eq. 16). The bicarbonate and boric acid deprotonation balances overwhelmingly compensate for
ALK and DIC addition or removal to seawater with a miniscule but proportional change in the net charge of water (TOTH) that can
only be expressed on the logarithmic pH scale. In other words, the presence of the partially deprotonated weak carbonic and boric
acids effectively locks in a TOTH charge of about -3 mmol eq/kg that corresponds to a pH of about 8. Importantly, the principle of
seawater pH-buffering by bicarbonate and boric acid deprotonation applies equally to changes in DIC and ALK, with borate ion
accounting for roughly 1/3 and carbonate ion accounting for roughly 2/3 of the modern seawater buffering action per net proton
release in this scenario. The fraction of proton transfers that is mediated by carbonate ion (as opposed to borate or other minor
contributors) is also called the carbonate proton fraction (CPF; Hain et al., 2015):

2
3
HCO−

3 +
1
3
B OHð Þ3 , H+ +

2
3
CO2−

3 +
1
3
B OHð Þ−4 (16)

As a consequence of this charge-balance algebra, the calculus of seawater carbonate chemistry is straightforward and described by
Eqs. (17)–(19). First, ALK and DIC are independent, meaning that if one changes it has zero effect on the other because a change in
DIC does not imply an addition or removal of strong acid or base and vice versa (Eq. 17). Second, for every net added amount of
protons from a strong acid/base (causing equivalent reduction in the net positive acid/base charge; i.e., a decrease in ALK) or from
carbonic acid deprotonation, about 2=3 of that increment are absorbed by carbonate ion reduction to produce about 2=3 bicarbonate
(CPF is hence negative) (Eq. 18). Third, the incremental addition of DIC (carbonic acid H2CO3

�) raises bicarbonate by 1 for the
deprotonation of that carbonic acid plus the 2=3 from the induced protonation of carbonate ion (Eq. 19; Hain et al., 2018):

dDICALK
dDIC

¼ dALKDIC
dALK

¼ 0 (17)

CPF � −
dALKCO2−

3

dALK
¼ dALKHCO−

3

dALK
¼ dDICCO2−

3

dDIC
� −

2
3

(18)

dDICHCO−
3

dDIC
¼ 1 + CPF (19)

As a consequence of these principles of seawater carbonate chemistry, all global carbon cycle models have to track alkalinity (ALK)
and total carbon concentration (DIC) separately in order to simulate the speciation of DIC and compute changes in pH (Eq. 12;
see also Section “Air/sea CO2 equilibration”) and effective seawater CO2 solubility (Eq. 11), which collectively describe the seawater
carbonate system. Eqs. (8)–(19) link parameters pertaining to moles of dissolved inorganic carbon and moles of charge with
equilibrium constants that vary with temperature, salinity, and pressure (T, S, and p). Knowledge of T, S, p, and at least two
additional carbonate system parameters–such as concentration of ALK, DIC, carbonate ion (CO3

2−), bicarbonate ion (HCO3
−),

carbon dioxide (CO2), or pH–enables us to compute all of the remaining parameters.
Carbon cycle models

There are three broad categories of carbon cycle models: (1) conceptual models that qualitatively represent causal relationships in
the global cycling of carbon to reveal feedbacks and balances that arise as emergent properties through the interaction of these
relationships, (2) mathematical and statistical models that seek to quantify these relationships and their interactions using algebra,
calculus, logic and data, and (3) computational models that explicitly represent carbon cycle processes in space and time for
computer systems to numerically simulate the operation of the global carbon cycle including its emergent feedbacks and balances.
In this chapter we rely on all three categories of carbon cycle models: we use a computational model to simulate the carbon
cycle response to anthropogenic carbon emissions (Figs. 4 and 5); we derive analytical solutions for the key emergent carbon cycle
dynamics and their timescales to restore balance (Eqs. 22, 23, 25, 26, 45, and 56), and we communicate these dynamics with
conceptual feedback diagrams (Figs. 6-9).

Numerical carbon cycle models exist in a hierarchy of increasing complexity and comprehensiveness: (1) geochemical
box models, (2) Earth system models of intermediate complexity (EMICs), and (3) fully-coupled Earth System Models (ESMs).
Carbon cycle box models represent the spatial distribution of carbon stocks as a set of distinct reservoirs that are assumed to be
internally homogenous (i.e., each reservoir is akin to a well-mixed box). For each of these reservoirs the time rate of change of their
chemical content is computed based on parameterized exchanges between reservoirs and imposed external sinks or sources
(Eriksson and Welander, 1956). That is, box models rarely have more than 10 reservoirs to represent the biogeochemical cycling
of carbon, whereas the physical climate and ocean circulation are typically inferred or prescribed (e.g., Keir, 1988; Toggweiler, 1999;
Hain et al., 2014). This framework is flexible, computationally efficient and useful to diagnose the effect of climate and ocean
circulation on the global carbon cycle (e.g., Hain et al., 2010), but climate-carbon cycle feedbacks are not simulated.

EMICs calculate ocean circulation internally by solving equations of geophysical fluid dynamics on a regular spatial grid of the
ocean, but climate as a driver of ocean circulation is typically approximated (Weber, 2010). To achieve computational efficiency
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and ocean as a function of closed system feedbacks (Section “Closed system exchanges”) versus open system feedbacks (Section “Open system exchanges”).
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draw additional anthropogenic carbon (yellow striping) from the atmosphere (red) into the ocean (blue).. ‘Silicate weathering’ shows the results after 106 years,
when most of the carbon from anthropogenic emissions has been chemically neutralized by base released during the weathering of silicate minerals, to be buried
as CaCO3 on the seafloor alongside the carbon from carbonate compensation. Our simulations do not include land carbon cycling (Section “Land carbon storage”)
or open system exchanges of organic carbon (Section “Organic carbon”) and detailed results are shown in Fig. 5.
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EMICs also tend to use a relatively coarse resolution ocean grid that requires parameterizations to improve the representation of
transport of chemical tracers. As such, EMICs are structurally similar to geochemical box models, but with thousands of grid-cell
boxes that allow for a more realistic simulation of transport of chemicals by ocean circulation. The key advantage of EMICs is that
they can simulate the global carbon cycle through geologic time, with approximated climate and simplified ocean circulation.

Earth system models (ESMs) combine fully-coupled atmosphere-ocean climate models that solve the equations of motion of
seawater and its transport of chemical tracers, with added representation of some biological, chemical and physical components of
the Earth system. ESMs are the most complex within the hierarchy of modeling approaches because they allow for diverse networks
of feedbacks between climate, ocean circulation and the global carbon cycle. By necessity, fully-coupled ESMs have higher spatial
resolution of the atmosphere and ocean than EMICs in order to realistically resolve ocean-atmosphere physical interactions. Higher
resolution requires high-performance computing resources and cyberinfrastructure to orchestrate simulations that rarely exceed a
thousand years and are often limited to the 21st century. As such, state-of-the-art ESMs are of critical importance in anthropogenic
global change research, but they are not practical tools to reconstruct carbon-climate dynamics from the geologic past.

These model categories represent points along a continuum–hybrid models exist that combine ocean box models with reactive
transport models of sediments (Archer et al., 2002; Sigman et al., 1998; Zeebe, 2012) or weathering (Walker et al., 1981; Berner
et al., 1983; Berner, 1990), and there are models with dynamic atmospheres that are classified as EMICs due to their relatively low
resolution. Some EMICs may be more comprehensive than ESMs as their reduced resolution allows inclusion of biogeochemical
Earth system processes that operate over longer timescales, e.g. methane hydrates.
Carbon fluxes and dynamic balances

There are two conceptually different ways carbon and alkalinity move about Earth: either transported within and exchanged among
the ocean, atmosphere and land biosphere, leading to no net change of the total surface inventory and hence commonly referred to
as “closed-system” fluxes, or exchanged with the solid Earth rocks and sediments with net addition to or removal from the surface
reservoirs by these “open-system” fluxes. In all these cases a flux refers to a quantity of carbon or alkalinity being moved or
exchanged per unit time, where carbon fluxes are commonly multiplied by the molar mass of carbon to yield units of carbon weight
per unit time; such as peta-gram C per year, PgC/yr (1 PgC is equivalent to 8.3 � 1013 molC).

When we think of the global carbon cycle at the Earth system scale and through geologic time it is useful to consider not only that
carbon is always in flux but also that the natural environmental balances are emergent properties of Earth and its ecosystems. These
balances are revealed when we consider exchange-fluxes between distinct carbon reservoirs (Section “Carbon reservoirs”), where the
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burial have been turned off (Section “Closed system exchanges”). Further, for the closed system experiment with fixed radiative forcing (red lines), the CO2-climate
feedback is disabled such that the release of CO2 does not cause any change in temperature. The ‘fixed weathering’ experiment (orange lines) additionally
allows for the dissolution or preservation of seafloor CaCO3 - (e.g. CaCO3 compensation; Section “CaCO3 compensation”). The ‘silicate weathering’ experiment
(blue lines) uses a temperature-dependent parameterization for both carbonate and silicate weathering as well as a representation of seafloor CaCO3 dissolution
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completed after about 105 years (Eq. 45), and silicate weathering mostly completed after 106 years (Eq. 56).
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uptake and thereby raises the DIC of the surface ocean. The increase in surface DIC causes ocean acidification that raises the CO2 partial pressure of the
surface seawater, which reduces the air/sea disequilibrium (DCO2) and thereby feeds back on ocean carbon uptake. Balance is achieved once the air-sea
CO2 disequilibrium is eliminated (Eq. 24), on a timescale of a few years (tsurf in Eq. 25). The second feedback is activated when surface DIC increases in response to
ocean carbon uptake, because new deepwater formation will carry a higher DIC concentration from the surface to be stored in the deep ocean. That is, the
initial increase in surface DIC increases the DIC difference (DDIC) between descending surface water and deepwater that is being upwelled to the surface, creating
an imbalance between surface and deep ocean carbon exchange. That imbalance will over time raise deep ocean carbon storage and deep ocean DIC, acting
to reduce DDIC and the surface/deep carbon imbalance on a timescale of about 400 years (tsurf in Eq. 25). Both these negative feedbacks are acting concurrently:
fossil fuel emissions drive ocean acidification and atmospheric CO2 rise in the short term, and deep ocean carbon uptake over the coming centuries.
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change of carbon inventory stored in a given reservoir over time is simply the sum of fluxes, sources minus sinks. This framework
yields three important concepts: rate of change, steady state, and turn-over timescale often referred to as “residence time.”

To illustrate the difference between closed versus open system exchanges of the carbon cycle, we use a series of experiments with the
intermediate complexity Earth system model cGENIE in a simplified configuration with a single continent (Vervoort et al., 2019)
but modern climate and ocean chemistry (Cao et al., 2009). For all our scenarios (Section “Carbon chemistry”) we simulate the
response of the atmosphere and ocean to anthropogenic CO2 injection using a moderate emissions scenario (Shared



export
production upwelling

alkalinity
storage

carbon
& nutrient

storage

+ -

-+

+

CaCO

parti
cle ra

in

organic matter

particle rain

soft-tissue p
um

p
carb

on
ate p

um
p

nutrient supply

Fig. 8 Feedback diagram of the ocean’s biological carbon pumps. Biological storage of carbon and alkalinity in the ocean interior by the ocean biological pump
(Section “The ocean’s biological pumps”) is structurally similar to carbon storage on land (Fig. 6; Section “Land carbon storage”), biological production extracts
chemicals from the environment that accumulate an inventory that returns these chemicals only over time. In most of the surface ocean productivity is limited by the
supply of nutrients from the upwelling of nutrient-rich water from below, which are used by phytoplankton to build soft-tissue biomass containing organic
carbon and nutrient elements assimilated from the surface water, some of which is exported from the surface into the ocean interior before being respired by
heterotrophs. If we consider the nutrient cycling, export production increases nutrient storage in the interior, which increases net upwelling of sequestered nutrients,
which increases export production–a virtuous cycle of positive feedback that maintains the fertility of the ocean (highlighted in green). In contrast, the organic
carbon that sinks to depth as soft-tissue biomass also accumulates an inventory of carbon storage (DICOM

reg in Eq. 27), but the eventual upwelling of that carbon does
not significantly affect surface productivity. Instead, upwelling of carbon sequestered by the biological pump acts as the negative feedback that balances soft-tissue
export production to yield a stable inventory of biological carbon storage that is determined entirely by the total ocean inventory of limiting nutrients and the
efficiency of phytoplankton to convert surface nutrients into export production (Eq. 30). This tight coupling between nutrient and organic carbon cycling is in
contrast to the CaCO3 inorganic carbon hard-parts produced by some plankton, a material that does not contain significant nutrients but rater two units of alkalinity
(ALK) per unit of inorganic carbon. CaCO3 is not a food source to heterotrophic organisms and therefore tends to dissolve back into seawater once it has reached the
deep ocean seafloor, building an inventory of sequestered ALK and DIC (in a 2:1 ratio; Eqs. 27, 28, and 31). This distinction between the “soft-tissue” and
“carbonate” components of the ocean’s biological pump is important because biological carbon storage lowers atmospheric CO2 while biological alkalinity storage
raises CO2.
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Fig. 9 Feedback diagram of open-system carbon balances. The ocean receives the weathering products of limestone and silicate rocks and it absorbs
CO2 from volcanic emissions or other geologic sources, all to be balanced by burial of CaCO3. Therefore, two separate negative feedbacks are required to
understand the long-term Earth System carbon balance with regard to open system fluxes, one centering the ocean’s alkalinity mass balance (top, see Section
“CaCO3 compensation”) and the other balancing CO2 sources with silicate weathering (bottom; see Section “Silicate weathering thermostat”). If there is more ALK
supply to the ocean than ALK removal from CaCO3 burial (i.e., excess weathering) the ocean will become more alkaline and seawater pH, carbonate ion
concentration and CaCO3 saturation state (O) will rise (Eq. 37). An increase in O deepens the oceans calcite saturation horizon to expose more of the global seafloor
to supersaturated conditions conducive for CaCO3 burial (Eqs. 38 and 39), thereby reducing excess weathering in a negative feedback (Eqs. 40–45). In contrast, any
excess of volcanic CO2 emissions that is not matched by two units of ALK production by silicate weathering will accumulate (Eq. 50) so as to cause ocean
acidification (lower pH) and raise atmospheric CO2 (lower pH causes higher CO2). Higher CO2 will cause climate change and raise global mean temperatures (GMT) to
accelerate silicate weathering (Eq. 49), which reduces excess volcanic CO2 supply in a negative feedback (Eqs. 50–55). Both these feedbacks operate through
the acid/base chemistry and carbon speciation of seawater, but on very different timescales: “carbonate compensation” stabilizes the ocean’s alkalinity mass
balance and deep ocean O with a e-folding timescale of about 4000 years (Eq. 45), whereas the “silicate weathering thermostat” stabilizes atmospheric
CO2 and climate on a timescale of maybe 500 thousand years (Eq. 56).
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Socioeconomic Pathway, SSP 2) for emissions from 2020 to 2100 (Riahi et al., 2017) and historical emissions prior to 1990
diagnosed from combined ice core and instrumental records (Cao et al., 2009). Cumulatively, this emissions scenario corresponds
to the input of 1215 Pg C over a total of 350 years (though nearly 90% of the emissions occur in the last 150 years). We conducted
four simulations using the same forcing but simulation of different climate and carbon cycle feedbacks representing both closed
and open system exchanges. Each of these simulations was computed for a total of onemillion years upon CO2 emissions. Below we
use these illustrative experiments to introduce the significance of closed versus open system dynamics in determining the fate of
emitted carbon.
Closed system exchanges

Carbon exchange between the ocean, atmosphere and land biosphere can repartition carbon among these reservoirs, but the total
amount of carbon summed across these reservoirs is conserved and hence stays constant (Eq. 20), as does the ocean’s alkalinity
inventory (Eq. 21). This closed-system perspective on the global carbon cycle (Eriksson and Welander, 1956) represents the two
primary balances governing land and ocean carbon storage.

d
dt
Ctotal ¼ d

dt
Coc +

d
dt
Cland +

d
dt
Catm ¼ 0 (20)

d
dt
ALK ¼ 0 (21)

In response to CO2 injection to the atmosphere, closed system exchanges will redistribute this CO2 among the ocean, land, and
atmosphere (orange in Fig. 1), but the sum of carbon across these reservoirs will simply equal the initial total plus the emitted mass
of carbon in CO2 (see Fig. 4). Two illustrative closed system experiments using cGENIE indicate this repartitioning (see Fig. 5, green
and red lines). In the experiment ‘closed system fixed climate’ feedbacks between CO2 and climate are disabled such that the
injection of atmospheric CO2 causes no change in temperature (i.e., climate sensitivity to CO2 is turned off ). The experiment ‘closed
system’ is identical except with the CO2-climate feedback enabled. Comparison of these two experiments illustrates that the
partitioning of carbon between the atmosphere and oceans via closed system exchanges is largely independent of the greenhouse
effect on climate, with full ESM models better equipped to address the questions than out EMIC results (see Section “Carbon
chemistry”). Further, our closed system experiments exclude land carbon storage (Section “Land carbon storage”) but include both
sets of exchanges that describe the partitioning between atmosphere and ocean carbon–air/sea equilibration (Section “Air/sea
CO2 equilibration”) and the ocean’s biological carbon pumps (Section “The ocean’s biological pumps”).

Land carbon storage
Land plants assimilate about 120 PgC/yr from the atmospheric CO2 inventory (Gross Primary Production, GPP) but they respire
about half of that organic carbon back to CO2 to yield about 60 PgC/yr of Net Primary Production (NPP) of terrestrial organic
carbon that constitutes the base of the terrestrial food web (Gough, 2011). Our best estimates of current soil respiration by
microbes, millipedes, beetles, earthworms, termites, ants and other edaphic fauna is about 90 PgC/yr (Bond-Lamberty, 2018; Caiafa
et al., 2023), suggesting either that existing GPP, NPP and soil respiration estimates need to be revised to yield a balanced land
carbon budget (Jian et al., 2022) and/or that ongoing global warming has accelerated soil respiration (e.g., Nissan et al., 2023).
Wildfires are thought to burn about 2 PgC/yr (Jones et al., 2019) and rivers carry about 2 PgC/yr of organic carbon to the ocean
(Tian et al., 2023). Estimates based on the current atmospheric CO2 budget suggest that human land-use change removes about
1 PgC/yr from the land surface while existing biomes absorb 3 PgC/yr from the atmosphere (Friedlingstein et al., 2022), to yield a
roughly 3% surplus between NPP as the source of land carbon versus respiration and disturbance as the sinks–this imbalance
represents ongoing net land carbon uptake (LCU) or the land sink. Given the mass of the land carbon reservoir, the entire land
carbon stock turns over with an average residence time of only 30 to 40 years (tland). The answer to how land carbon storage changes
will contribute to atmospheric CO2 change in the near future is constrained by uncertainty over how humans decide to use the land
surface, how ecosystems respond to climate and environmental change (e.g., Joos et al., 2001), and also the combined physiological
plant response to higher CO2 and temperature (Fatichi et al., 2019). General insight can be gained by assuming NPP and
residence time as constant and expressing the land carbon imbalance as an inhomogeneous differential equation (Eq. 22, Fig. 6).
In this simplified case the solution to the homogeneous differential equation (Eq. 23) equals the steady state land carbon
inventory (Css

land) plus and an initial deficit/surplus (DC0) of land carbon relative to the steady state inventory that will be resolved
over time (t) by land carbon uptake (LCU) with an e-folding timescale of tland.

d
dt
Cland ¼ Fl:NPP − Fl:resp ¼ Fl,NPP −

Cland

tland
¼ LCU (22)

Cland tð Þ ¼ Css
land + DC0�e−

t
tland ¼ tland� Fl:NPP + LCU0�e−

t
tland

� �
(23)

That is, a positive/negative imbalance in the land carbon inventory will over time increase/decrease land carbon storage and soil
respiration–in both cases progressively reducing the initial imbalance to yield the steady state land carbon inventory. This negative
feedback (Fig. 6) acts to stabilize the land carbon inventory through geologic time. For the purpose of this chapter we will set aside
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this important topic because balances other than that of land carbon appear to regulate atmospheric CO2 and climate on timescales
longer than centuries (Sarmiento and Bender, 1994; Stocker, 2015), as described below.

Air/sea CO2 equilibration
Atmospheric CO2 spontaneously dissolves into ocean surface water at a rate of about 80 PgC/yr (Finvasion) counterbalanced by
surface ocean exsolution of H2CO3

⁎ (Fevasion), as determined by seawater carbon chemistry (Section “Carbon cycle models”). At this
rate, air/sea gas exchange replaces atmospheric CO2 every 7 or 8 years and the combined atmosphere and land carbon reservoirs
every about 40 years (Bolin, 1960; Naegler and Levin, 2006). Ongoing anthropogenic carbon release to the atmosphere is elevating
atmospheric CO2 relative to the surface ocean, thereby causing a surplus of CO2 invasion over evasion that leads to net ocean
carbon uptake (OCU, Eq. 24) currently estimated at about 2 to 4 PgC/yr (Watson et al., 2020; Gruber et al., 2023). The gas transfer
velocity (k) applicable to the global ocean has been estimated at about 70,000 mol/m2/yr/atm (Broecker et al., 1985, 1986; Cember,
1989; Wanninkhof, 1992; Sarmiento and Gruber, 2006), such that preindustrial CO2 of 280 ppm yields a gross invasion flux of
6 PmolC/yr (80 PgC/yr) and net ocean carbon uptake (OCU) of 3 PgC/yr (0.25 PmolC/yr) and yields a corresponding air/sea
disequilibrium (DCO2) of only 10 ppm (equivalent to 21 PgC). That is, CO2 exchange between the atmosphere and global surface
ocean is sufficiently rapid to maintain approximate CO2 equilibrium at the sea surface.

d
dt
Coc ¼ Finvasion − Fevasionð Þ ¼ k �Aoc �DCO2 � k �Aoc � Catm

Natm
−

Csurf

Msurf
� H+

K
�
0 � K

�
1

� �
¼ OCU (24)

In contrast to the surface ocean, the ocean interior cannot directly exchange CO2 with the atmosphere. Instead, seawater is
transported by the physical circulation of the ocean, thereby redistributing DIC and ALK globally. That is, ocean circulation acts
against DIC and ALK gradients within the ocean, such that over time a balance is achieved between the rates of DIC and ALK sinking
from the surface into the interior and the DIC and ALK transport by interior waters upwelled to the surface (Fig. 7). However,
circulation can be relatively slow; the ocean mixing time is on the order of 103 years for distributing carbon between the surface
and interior ocean. Ocean carbon cycle models have been used to constrain the decline of OCU as atmosphere and ocean
re-equilibrate after an imposed CO2 pulse to the atmosphere, with broad agreement between different models that there are
three separate timescales of ocean carbon uptake, represented by Eq. (25) (Joos et al., 2013): (1) a 4-year timescale (tsurf) of surface
ocean air/sea equilibration via gas exchange, (2) a roughly 40-year timescale (tupper) of carbon uptake by the shallow subsurface
and thermocline by upper ocean geostrophic circulation, and (3) a roughly 400-year timescale (tdeep) for the entire upper ocean to
be turned over by deep upwelling and new deep water formation:

CO2 tð Þatm ¼ COinitial
2 + DCOpulse

2 � 0:2 + 0:3 � e−t=tsurf + 0:3 � e−t=tupper + 0:2 � e−t=tdeep
� �

(25)

CO2 t > 1000yearsð Þatm ¼ COinitial
2 + 0:2 �DCOpulse

2 (26)

To understand the consequences of gas exchange, surface carbon chemistry and ocean circulation, it is useful to consider that it takes
about 6 PgC to raise atmospheric CO2 by 1% (from 280 to 283 ppm); it takes about 2 PgC to raise surface ocean CO2 by 1%, and it
takes about 38 PgC to raise bulk ocean CO2 by 1%. That is, adding 8 PgC CO2 (100%) to the atmosphere will drive 2 PgC carbon
uptake by the modern surface ocean proceeding over the course of a decade (25%), but it will ultimately drive about 6.4 PgC
carbon uptake by the bulk ocean (80%) proceeding over the course of about one thousand years (Eqs. 25 and 26; Maier-Reimer
and Hasselmann, 1987; Joos et al., 2013). Hence, when allowing for about 1000 years of equilibration, 6.4-out-of-8 added
carbon atoms will be stored in the ocean and 1.6-out-of-8 will remain in the atmosphere. This steady state partitioning of
added carbon between ocean and atmosphere is generally applicable to estimate the persistent CO2 change for any perturbation
that causes a short-term disequilibrium (Hain and Sigman, 2024), although the exact value of partitioning applies to the modern
ocean and has likely changed through geologic time (Hain et al., 2015). For example, warming the bulk ocean by 1 �C initially
raises ocean CO2 by about 4% to create a 11 ppm disequilibrium, which then drives about 20 PgC of ocean CO2 release to the
atmosphere. During CO2 release the ocean CO2 declines by 0.6% (for a net change of +3.4%) and atmospheric CO2 increases by
3.4% to eliminate the disequilibrium and establish a new steady state partitioning of CO2 between the ocean and atmosphere.

In our illustrative cGENIE closed system experiments (both ‘closed system’ and ‘closed system fixed climate’), the final value of
atmospheric CO2 (achieved in the light blue shaded region in Fig. 7) reflects the air-sea equilibration while the time at which
this value is achieved reflects the full equilibration timescale (tdeep). Compared to a starting atmospheric CO2 of 280 ppm, the
equilibrium CO2 following injection of 1215 Pg C is 400 ppm. This change in concentration corresponds to an excess of 263 Pg C in
the atmosphere, which is �22% of the emitted total. The final atmospheric CO2 concentration is reached after about 1000 years,
consistent with the 400-year e-folding time-scale of deep ocean overturning (Joos et al., 2013; Lord et al., 2016).

The ocean’s biological pumps
Biological production in the ocean surface converts DIC to organic matter and CaCO3 that can sink into the ocean interior, thereby
causing biological carbon sequestration (Sigman and Hain, 2013). When addressing the role of biology in regulating ocean and
atmospheric CO2, it is important to account for the carbon and alkalinity sequestered by this biological “pumping” away from the
ocean surface and into the interior, i.e., the steady state inventories of regenerated DIC and ALK held in the ocean interior (Fig. 1;
Eq. 6). Regenerated DIC and ALK, from the respiration of organic matter and dissolution of CaCO3, are much smaller proportions
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of the total ocean DIC and ALK inventories than the preformed components carried into the ocean interior by circulation
and mixing (Section “Carbon reservoirs”, Eq. 6). Assuming a constant total inventory (i.e., a closed system), we can directly relate
changes in the preformed inventories to changes in the regenerated inventories from water column organic matter (OM) respiration
and from export CaCO3 dissolution (Eqs. 27–29). Further, we know that CaCO3 contains two units of alkalinity per unit of carbon
and we assume classical values for the element stoichiometry of typical marine biomass (Redfield, 1934; Redfield et al.,
1963)–106 units of carbon and 18 units of acidity (i.e., negative alkalinity) per unit of phosphorous (P):

DDICpref ¼ − DDICOM
reg − DDICCaCO3

reg (27)

DALKpref ¼ − DALKOM
reg − DALKCaCO3

reg ¼ 18
106

�DDICOM
reg − 2 �DDICCaCO3

reg (28)

DPpref ¼ − DPOM
reg ¼ −

DDICOM
reg

106
¼ DALKOM

reg

18
(29)

To understand the operation of the biological pump (Fig. 8) it is useful to consider that regenerated DIC, ALK and P are
continuously added to by biological export from the surface and subsequent respiration and dissolution, while the only loss
term comes from ocean circulation returning them to the surface. That is, an increase in biological export tends to increase while a
speedup of ocean circulation tends to decrease DIC, ALK and P storage by the biological pump, but in any case a balance between
sources and sinks is eventually established with a timescale (tcirc; Eqs. 30 and 31). For example, if we were to suddenly switch off
biological export it would take roughly 1000 years (about two e-folding timescales of deep ocean overturning, as in Section “Air/sea
CO2 equilibration”) for DIC, ALK and P to return to the surface so that the regenerated inventories approach a steady state value of
zero, and if we were to switch biological export back on it would again take roughly 1000 years for nutrients to cycle to the surface
and be utilized by phytoplankton to yield new stable inventories of regenerated DIC, ALK and P. One key difference between the
organic matter and carbonate pumps is that organic matter (OM) export is rapidly respired as it sinks through the water column,
such that there is a relatively shallow remineralization depth of organic carbon and nutrients, whereas up to half of the particulate
CaCO3 exported from the surface ocean only dissolves after it has reached the deep ocean seafloor (Sulpis et al., 2018). As such,
the efficiency of the global “soft-tissue” pump can be measured as the fraction of total nutrients used for carbon sequestration
(Preg over Ptotal; Ito and Follows, 2005; Marinov et al., 2008a,b), whereas the inventory of regenerated CaCO3 is decoupled from
nutrient cycling and rather depends on the rate of deep ocean CaCO3 dissolution and the timescale of deep ocean overturning
circulation (tCaCO3

circ ; Hain et al., 2010, 2014; Kwon et al., 2011).

dDICOM
reg

dt
¼ FOM

export

Moc
−
DICOM

reg

tOM
circ

(30)

dALKCaCO3
reg

dt
¼ FCaCO3

dissolution

Moc
−
ALKCaCO3

reg

tCaCO3

circ

(31)

If biological carbon storage in the ocean interior was to somehow increase by 100 PgC it would reduce the preformed ocean carbon
inventory by that amount, driving a 2.8% reduction of ocean CO2 and causing about 8 ppm disequilibrium with the atmosphere.
This initial disequilibrium is resolved by about 14 PgC ocean CO2 uptake resulting in 2.4% steady state atmospheric CO2 lowering.
Likewise, if the biogenic rain of CaCO3 from the surface sequesters an additional 100 PgC in the interior (8.3 PmolC with 16.6 Pmol
of alkalinity; DALK is exactly double DDIC) the reduction in preformed DIC would lower ocean CO2 by 2.8%while the reduction in
preformed ALK would raise ocean CO2 by about 5%, for a net 2.2% ocean CO2 increase (+6 ppm) that results in 1.9% (+5 ppm)
steady state atmospheric CO2 rise after equilibration is complete.

d lnCO2 � −
6:4
8

� d lnCO2−
3 ¼ 6:4

8
� − CPF

CO2−
3

� DDICOM
reg − DALKOM

reg + DDICCaCO3
reg − DALKCaCO3

reg

� �� 	−1
(32)

CO2 ’ COinitial
2 � e −0:002

mmol=kg � 106+18
106 � DDICOM

reg +1−21 � DDICCaCO3
regð Þ (33)

Finally, the steady state CO2 effect of any combination of closed-system carbon cycle changes can be estimated in the same way,
following Eqs. (32) and (33). For example, if land carbon storage declines to release 100 PgC to the atmosphere (+47 ppm
atmospheric CO2) and biological carbon sequestration in the ocean increases by 100 PgC (−8 ppm bulk ocean CO2) the resulting
55 ppm disequilibrium will resolve by 100 PgC net ocean carbon uptake (OCU) that reduces atmospheric CO2 by 47 ppm and
raises ocean CO2 by 8 ppm. Hence, after equilibration there will be no net change in steady state CO2 but rather a 100 PgC net
transfer of carbon from land to the ocean–changes in biological carbon storage on land and in the ocean have equivalent effects on
atmospheric CO2 and can compensate for each other.

In our illustrative cGENIE experiments, the closed system experiment with fixed climate partially separates the relative impact of
air-sea equilibration and the biological pump on the evolution of atmospheric CO2 following anthropogenic emissions. Without a
change in temperature, CO2 forcing in this experiment (Fig. 5, red lines) produces no change in ocean circulation or in export
productivity (given the simplified, nutrient-only representation of export; Ridgwell et al., 2007). The maximum increase in
atmospheric CO2 is 18 Pg C less than in the closed system experiment with a CO2-climate feedback (Fig. 5, green lines).
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The differences in air-sea gas exchange between these experiments (�0.2 PgC/yr) are less significant than the difference in export
productivity (�0.6 PgC/yr), suggesting that the majority of the (minor) difference between these experiments is due to the impact of
changes in the modeled biological pump. Reduced export production (due to a temporary stratification-induced reduction in
surface nutrient availability) in the closed system experiment with a CO2-climate feedback leaves a larger fraction of the emitted
CO2 in the atmosphere. However, when it comes to our cGENIE experiments of anthropogenic CO2 release to the atmosphere, the
similarity between experiments with and without climate feedback illustrates that the immediate dynamic of air-sea equilibration is
relatively more important than induced feedbacks operating through changes in carbon storage by the biological pump. These
climate/carbon cycle feedbacks are key uncertainties highlighted in the 6th IPCC Assessment Report (IPCC, 2021).
Open system exchanges

Open system exchanges describe the balance between carbon addition and removal from the surface carbon reservoir
(Coc + Catm + Cland) with the solid Earth (sediments and rocks). In other words, in closed-system scenarios (Section “Closed system
exchanges”), the sum of surface carbon did not change. In open-system exchanges, that sum can change. Carbon is added to the
surface via weathering, reaction with sediments, and volcanic emissions, and removed through sedimentary burial and alteration of
oceanic crust. Both carbonate and silicate weathering act to transform CO2 into bicarbonate ions, but since the formation of calcium
carbonate also releases CO2, only silicate weathering represents a net conversion of CO2 into calcium carbonate. That is, carbonate
weathering (FCW) and volcanic emissions (Fvolc) are sources of carbon; carbonate weathering and silicate weathering (FSW) are
sources of alkalinity, and both net sources are balanced by carbonate burial (FCB) (Eqs. 34 and 35). While organic carbon
weathering (FOCW) and organic carbon burial (FOCB) are also open system fluxes, we do not represent either process in our
illustrative open system cGENIE experiments and reserve discussion until Section “Organic carbon.”

d
d t

Coc + Catm + Clandð Þ ¼ FCW − FCB + Fvolc (34)

d
d t

ALK �Moc ¼ 2FCW − 2FCB + FSW (35)

Critical to our understanding of the open-system global carbon cycle is the recognition that two negative feedback dynamics are
needed to maintain the mass balances of alkalinity and carbon. The first dynamic of “CaCO3 compensation” primarily maintains
the ocean’s CaCO3 saturation mainly via the alkalinity mass balance (Section “CaCO3 compensation”), whereas the second
dynamic of the “silicate weathering thermostat” primarily maintains equable climates via the carbonmass balance (Section “Silicate
weathering thermostat”). Our illustrative cGENIE experiments include two open system simulations that represent carbonate and
silicate weathering and carbonate burial (“fixed weathering” and “silicate weathering”).

CaCO3 compensation
The largest loss term of alkalinity from seawater is biologically controlled CaCO3 precipitation in the surface ocean, both by
organisms living on the shallow seafloor such as corals, mollusks and algae (�1.3–1.7 PgC/yr) and by plankton suspended in the
surface layer of the open ocean (�0.8–1.4 PgC/yr) (Milliman, 1993; Jin et al., 2006; Wood et al., 2023). The CaCO3 produced by
these organisms can have two different fates: either it is recycled and dissolves back into seawater to yield zero net change in
mean ocean alkalinity, or it is preserved on the seafloor to be buried and thereby lost from the ocean. For every carbon atom
buried as CaCO3 the ocean also loses one doubly charged calcium cation representing two units of alkalinity; reflecting the strict
2:1 ALK-to-DIC ratio of all carbonate minerals. That is, carbonate precipitation removes carbonate ion from seawater driving
incremental deprotonation of bicarbonate ion so as to raise H+ (lower pH) and thereby raise CO2 (Eq. 36, from left to right),
whereas the reverse reaction of CaCO3 dissolution raises the pH (Eq. 36, from right to left):

Ca2+ + HCO−
3 , CaCO3 + H+ see also equation #3ð Þ (36)

Current estimates (Wood et al., 2023 and references therein) suggest that roughly 1 PgC/yr of neritic CaCO3 is buried on the
continental shelf (10% of seafloor area), and roughly 1 PgC/yr pelagic CaCO3 is buried on the continental slope and mid-ocean
ridges (<3.5 km; 20% of seafloor). There is almost zero CaCO3 preservation on the deep abyssal seafloor (>3.5 km; 70% of
seafloor). By inference this suggests that the majority of CaCO3 production is recycled within the ocean, yielding no net change in
mean ocean alkalinity. Moreover, the dramatic change in burial efficiency for pelagic CaCO3 on deep seafloor (often referred to
as lysocline, or the depth where sediments begin to show evidence of dissolution) is closely related to (but slightly deeper than)
the calcite saturation horizon (CSH) – the transition in the water column from oversaturation (O > 1) to undersaturation (O < 1)
of calcite (Eq. 37), the polymorph of CaCO3 that comprises most of the pelagic CaCO3 rain from the open ocean surface:

O ¼ Ca2+ � CO2−
3

K ∗
sp zð Þ (37)

That is, for every 1% increase in mean ocean carbonate ion (dlnCO3
2− ¼ 0.01) the saturation of the deep ocean will also increase by

1% at any given depth (dlnO|z ¼ 0.01), such that the water depth (z) at which calcite is at saturation (Oc ¼ 1; CSH) changes
proportionally to the depth dependence of pressure-dependent calcite solubility constant (dK/(K⁎dz)) (Eq. 38). Further, because of
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the hypsometry of the ocean (the area of seafloor above a given water depth, A(z)) the seafloor area bathed in oversaturated (O > 1)
bottom water will increase by about 13 million km2 for every 100 m increase in the CSH (dA/dCSH). This additional seafloor area
increment (dA) is then projected to increase the deep sea CaCO3 burial flux (Eq. 39).

dCSH ¼ dK
�
sp

K
�
sp � dz

 !−1

� d lnOjz¼const: ¼
dK

�
sp

K
�
sp � dz

 !−1

� dlnCO2−
3 (38)

dFCB � F
pelagic
CaCO3

Aoc
� dA ¼ F

pelagic
CaCO3

Aoc
� dA
dz

� dCSH ¼ kCSH � dCSH (39)

where kCSH is the sensitivity of CaCO3 burial to CSH change assuming modern average pelagic CaCO3 sinking flux over the total
area of the open ocean (F/A). It is this sensitivity of carbonate burial to the ocean’s CaCO3 saturation state (O) that acts to reduce
the imbalance between weathering and CaCO3 burial (ICaCO3) (Eq. 40). For example, if there was some initial imbalance
(Eqs. 41 and 42) then we would expect that imbalance to decline as mean ocean carbonate ion concentration (lnCO3), ocean
CaCO3 saturation (lnO) and CSH all increase over time to expose more area seafloor (dA) to oversaturated bottom water (O > 1):

ICaCO3 ¼ FW − FCB (40)

dICaCO3 ¼ −kCSH � dCSH ¼ −kCSH � dK�
sp

K�
sp � dz

� �−1
� dlnCO2	

3 (41)

dCO2−
3

dt
¼ −CPF � ICaCO3

Moc
, dlnCO2−

3

dt
¼ −CPF � ICaCO3

CO2−
3 �Moc

¼ dK
�
sp

K
�
sp � dz

 !
� dCSH

d t
(42)

As such, any initial imbalance (I0) that might exist in the Earth System will exponentially decline over time as the CSH adjusts to
match CaCO3 burial to weathering. That is, for every increment of time (dt) that some imbalance exists, the imbalance will decline
by a set percentage (dI/I) (Eq. 43), such that it asymptotes toward zero with a characteristic e-folding timescale (tCaCO3), the
timescale of carbonate compensation (Eqs. 44 and 45; top of Fig. 9):
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The process of carbonate compensation is reflected in our open system cGENIE simulation with fixed weathering (Fig. 5, orange
lines). This experiment simulates both the dissolution and preservation of carbonate in seafloor sediments as a function of evolving
seawater chemistry but maintains a fixed supply of alkalinity via weathering set at the flux required to maintain an open system
steady state prior to carbon injection. In contrast to the closed system equilibrium CO2 concentration of 400 ppm, atmospheric
CO2 after carbonate compensation is 322 ppm. Carbonate compensation thus absorbs nearly ⅔ of the excess carbon left in the
atmosphere after closed-system equilibration between ocean and atmosphere. The open system response to CO2 release is to
neutralize the added carbon with net CaCO3 dissolution in a �1:1 ratio to yield a total addition of DIC and ALK in an
approximately �1:1 ratio with about half of the DIC from the CO2 release and half from the carbonate compensation. In other
words, compared to the closed system experiments, the increase in DIC concentration is approximately doubled (in a closed system
[DIC] increases by 63 mmol/kg but with carbonate compensation [DIC] increases by an additional 79 mmol/kg). The combined
ocean-atmosphere inventory grows by �1000 PgC more than the quantity of carbon emitted, reflecting the input of carbon via
carbonate dissolution (Fig. 4).

To yield a balanced ocean alkalinity budget, CaCO3 production must equal the sum of dissolution and burial, and CaCO3 burial
is balanced by an equivalent alkalinity flux originating from weathering reactions of rock formations (though other fluxes such as
submarine weathering and anaerobic processes may also play a minor role; Middelburg et al., 2020). If there happens to be an
imbalance between weathering and burial (as in our fixed weathering cGENIE experiment) we would expect the calcite saturation of
the ocean to adjust to the level where burial matches the weathering flux. For example, if Fburial is greater than Fweathering the ocean
will lose ALK and DIC in a 2:1 ratio that lowers pH and O and raises CO2, where the O decline shoals the depth of the calcite
saturation horizon (CSH). This CSH shoaling increases the area of abyssal seafloor with complete CaCO3 dissolution–a reduction
in burial efficiency that works toward restoring the weathering/burial balance (Fig. 9). In the opposite case, Fburial is less than
Fweathering, the surplus supply of alkalinity would raise ocean CO3

2−, pH and O so as to deepen the CSH to allow for more efficient
burial and, eventually, a balanced alkalinity budget. The fact that the lysocline has existed in the deep ocean throughout the
Cenozoic (the last 65 million years; e.g., Pälike et al., 2012) and likely since the rise of pelagic calcification in the mid-Mesozoic
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(Ridgwell, 2005) suggests that the operation of this negative feedback acts to dynamically stabilize deep ocean CaCO3 saturation by
adjusting ocean ALK and DIC in a 2:1 ratio.

This general mechanism of “carbonate compensation” can act in two different ways starting from an initially balanced budget
(Sigman et al., 1998): First, if there is an increase in weathering and/or reduction in CaCO3 production, the initial CSH and lysocline
will be too shallow to allow for adequate CaCO3 burial to balance the alkalinity budget and so the ocean’s alkalinity will increase to
establish a new and deeper CSH and lysocline at a overall higher ocean O and lower CO2. This dynamic response is referred to as
steady state lysocline change that is expected to manifest in a lasting change in CaCO3 preservation on the deep ocean seafloor.
Second, if there is a sudden change in deep ocean O related to any of the closed-system changes, but not affecting weathering or
CaCO3 production, the initial forced change in O will change the CSH depth and cause an alkalinity budget imbalance without any
change in the eventual steady state lysocline depth. For example, with a forced decrease in deep ocean O and burial efficiency by
cooling or additional carbon sequestration by the soft-tissue pump, we expect carbonate burial to be transiently suppressed relative
to weathering, while the ocean is accumulating alkalinity to raise saturation until the CSH and lysocline reach their old depth and
the alkalinity budget is back in balance.

When considering these dynamics in the context of the long term record of Earth’s carbon cycle we should therefore expect
changes in weathering and CaCO3 production to drive lasting changes in deep ocean CaCO3 saturation and preservation associated
with steady state lysocline shifts. In contrast, the timescale of carbonate compensation is sufficiently short (4000–5000 years;
Section “CaCO3 compensation”) that transient carbonate compensation without steady state lysocline change will be hard to detect
based on sediment properties alone, given the relatively slow accumulation rate of deep sea sediments. That is, on timescales
>10,000 years we can safely assume that the alkalinity budget of the ocean will be balanced, but the degree of deep ocean
CaCO3 saturation required to achieve that balance will change with both CaCO3 production and the weathering flux.
Silicate weathering thermostat
Volcanic outgassing releases CO2 to the atmosphere at a rate that is difficult to measure and likely variable through time for
individual volcanic and hydrothermal systems (Aiuppa et al., 2019). And yet, the prevailing view is that the global aggregate
volcanic CO2 flux is relatively steady when averaged over thousands of years, with current estimates <0.1 PgC/yr (Burton et al.,
2013; Werner et al., 2019; Fischer et al., 2019). While this rate is about 100� slower than anthropogenic CO2 emissions, the
ultimate fate of that carbon is similar. Without other reactions the added CO2 will dissolve into the ocean to form bicarbonate and
cause ocean acidification that reduces the CaCO3 saturation of seawater (Eq. 46). This is the closed-system response that takes about
1000 years to complete. If the CO2 is allowed to react with and dissolve limestone on land or previously deposited CaCO3 in the
ocean, the added carbon will be neutralized to bicarbonate (Eq. 47), with only a minor residual effect of raising CO2 while the ocean
accumulates DIC and ALK at double the rate of the volcanic CO2 flux (continuous accumulation, no steady state). Alternatively, if
the CO2 is allowed to react with silicate minerals, then the weathering reaction will produce alkalinity without adding any further
carbon so that the global carbon budget can be balanced by CaCO3 burial if silicate weathering alkalinity release is double the
volcanic CO2 flux (Eq. 48).

CO2 + H2O ) H+ + HCO−
3 , 2H+ + CO2−

3 (46)

CO2 + CaCO3 + H2O ) Ca2+ + 2HCO−
3 , CaCO3 + CO2 (47)

2CO2 + CaSiO3 + H2O ) Ca2+ + SiO2 + 2HCO−
3 , CaCO3 + SiO2 + CO2 (48)

There are two leading hypotheses why the silicate weathering flux should be able to adjust through time to dynamically match in a
2:1 ratio whatever changes in volcanic CO2 flux might occur due to plate tectonic forcing, and both of these possible negative
feedbacks rely on the greenhouse effect of CO2 to drive climate change (bottom of Fig. 9; Walker et al., 1981). If there was a surplus
of volcanism over weathering, then that imbalance would tend to gradually raise CO2 as the ocean accumulates HCO3

− from the
imbalance and carbonate compensation, and that CO2 rise would gradually raise surface temperatures so as to speed-up weathering
reactions. This first mechanism is mainly applicable in situations where soil pore fluids are far from chemical equilibrium with
respect to silicate minerals in the soil but the weathering reaction per unit mineral surface area is rate-limited due to the high
activation energy of detaching surface ions from the mineral lattice. Alternatively, CO2-driven warming causes the atmosphere to
hold more water vapor, transport more water over land and thereby increase continental runoff. This second mechanism is mainly
applicable if the runoff is near chemical equilibrium with silicate minerals so that the overall weathering reaction progress is
transport-limited by the slow percolation and subsurface drainage of net precipitation (Fritsch et al., 2011; Guinoiseau et al., 2021)
and by the slow denudation of soils to expose fresh silicate minerals (Stallard and Edmond, 1983). In both the rate-limited
and transport-limited cases the overall weathering rate can be expected to increase exponentially with temperature, and a given
increment of temperature increase requires an exponential increase in CO2, thereby yielding changes in weathering that are
proportional to differential dlnCO2 change and the associated radiative forcing (Eq. 49):

dFSW
dT

dT
dlnCO2

¼ dFSW
dlnCO2

¼ kT � FSW � ESS�5:35 W
m2 ¼ klnCO2

(49)

where kT is the percent change in silicate weathering per degree of warming, ESS is the Earth System Sensitivity (PALEOSENS, 2012;
Wong et al., 2021) of Global Mean Temperature (GMT) to CO2 radiative forcing, 5.35 W/m2 is the CO2 radiative forcing per
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lnCO2, and klnCO2 is the percent change in silicate weathering per lnCO2. It is this sensitivity of silicate weathering to climate that
acts to reduce the imbalance between volcanic CO2 emissions and silicate weathering according to this theory. For example, if there
was some initial imbalance (I) from surplus volcanic CO2 emissions (as in Eq. 50), that imbalance should decline as lnCO2 and
silicate weathering increase (Eq. 51):

I ¼ 2 � FVolc − FSW (50)

dI ¼ −klnCO2
� dlnCO2 (51)

Further, because the ocean CaCO3 saturation is stabilized by carbonate compensation, there will be minimal change in ocean
carbonate ion concentration, such that the change in atmospheric CO2 needs to be supported by a proportional change in seawater
bicarbonate concentration (Eq. 52) as forced by the imbalance between volcanism and silicate weathering (Eq. 53):

dlnCO2 ¼ 2 � dlnHCO−
3 − dlnCO2−

3 � 2 � dlnHCO−
3 (52)

dHCO−
3

dt
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Moc
, dlnHCO−

3

dt
� 2 � FVolc − FSW

DIC�Moc
(53)

As such, any initial imbalance (I0) that might exist in the Earth System will exponentially decline over time as temperature,
atmospheric CO2 and silicate weathering all adjust to match volcanic CO2 input with silicate weathering. Eq. (54)–(56) represent
the timescale over which imbalances are eliminated. That is, for every increment of time (dt) that some imbalance exists, the
imbalance will decline by a set percentage (dI/I), such that it asymptotes over time toward zero with a characteristic e-folding
timescale (tSW) (Eq. 56):

dI
I0

¼ dlnI � −2 � klnCO2

DIC �Moc
�dt (54)
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tSW ¼ DIC �Moc

−2 � klnCO2

¼ DIC �Moc

−2�kT � ESS � 5:35 W
m2 � FSW � 0:5 to 1 million years (56)

The 105–106 yr timescale of the silicate weathering feedback, as derived above, is notably longer than the residence time of carbon in
the surface reservoir, �150 kyr. The long silicate weathering timescale is reflected in our open system cGENIE simulation (Fig. 8,
blue lines), where silicate weathering acts to remove most of the added CO2 and the net dissolved CaCO3 from carbonate
compensation by the end of our one million year experiment (i.e., about two e-folding timescales). That is, as the imbalance
between volcanic CO2 emissions and silicate weathering is gradually removing the anthropogenic carbon initially released in our
experiment, the much faster carbonate compensation feedback is keeping up by burying the equivalent flux of CaCO3. Hence, the
silicate weathering experiment, in contrast to either the fixed weathering or closed system experiments, has a total inventory of
carbon in the ocean and atmosphere after 106 years that is near to the initial inventory prior to carbon injection. In other words,
carbon has not only been redistributed into the oceans but has actually been removed from the surface reservoir (Fig. 4).

There is significant uncertainty in both the Earth System Sensitivity and in the temperature dependence of silicate weathering
effective at the global scale, thereby casting significant uncertainty on the silicate weathering timescale, reflected in the large range
provided in Eq. 56. Beyond the climatic factors that control weathering rates, geologic changes may also affect the ‘weatherability’ of
the land surface (Kump and Arthur, 1997). Factors including continental area and its distribution, exposure of varying rock types,
rates of uplift, and the distribution of soils and vegetation collectively determine weatherability and linearly modify the timescale of
the silicate weathering feedback. Processes that also scale with mountain-building and erosion, such as oxidation of rock-bound
organic carbon and sulfide minerals, can act as CO2 sources and may also need to be explicitly taken into account (Hilton and
Joshua West, 2020). Improved constraints should result from the use of models with spatially explicit representations of both
weathering and carbonate burial, but computational expense has limited models to either global-scale or spatial consideration
of only limited processes (e.g., carbonate burial but not weathering patterns are spatially resolved in our illustrative cGENIE
experiments).

Still, in response to abrupt atmospheric carbon emissions, these uncertainties influence the long tail of atmospheric CO2 and the
eventual recovery of ocean carbon content, but not the 103 year equilibration of the ocean and atmosphere, or the 104 year
neutralization of the added CO2 by net CaCO3 dissolution. This is apparent in the contrast of the fixed weathering and silicate
weathering cGENIE experiments in Fig. 5, where their trajectories of atmospheric CO2 only diverge after about 105 years. Further
reduction of uncertainty in the silicate weathering feedback strength (and timescale) requires proxy records that reconstruct past
carbon cycle perturbations, described in Section “Climate and the carbon cycle.”

Organic carbon
Steady state in the open system carbon cycle also requires considering the input of carbon to the surface carbon reservoir via
weathering of ancient organic matter in rocks (mainly as kerogen, or solvent-insoluble organic matter) and removal via sedimentary
burial of organic matter (Chang and Berner, 1999; Hilton and Joshua West, 2020). Indeed, Paleozoic and Proterozoic sedi-
mentary sequences have preserved large quantities of organic carbon that was sourced from photosynthesis hundreds of millions
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of years ago (McKirdy and Imbus, 1992; Liu et al., 2017), suggesting that on geologic timescales new burial of organic carbon has
exceeded tectonic uplift, erosion and weathering of organic carbon-rich sedimentary sequences, plus the leakage of petroleum and
natural gas during thermal maturation of organic carbon-rich source rocks. Continental sedimentary sequences are often associated
with accommodation space created in old foreland basin and rift systems. During most of Earth history these settings hosted marine
or lacustrine depocenters of organic carbon-rich units (Liu et al., 2017), but since the rise of land plants in the Paleozoic these
terrestrial sequences have also locked up an enormous amount of organic carbon in the form of coal. Net burial of organic
carbon–new burial minus organic carbon weathering–is a source of oxygen to the surface environment (Eq. 2, left to right) and
therefore plays an important part in the regulation of atmospheric O2 levels (Berner, 2006).

Net organic carbon burial removes carbon from the surface environment at a rate of <0.1 Pg C per year (e.g., Blattmann et al.,
2019), or about 20% of the rate of volcanic CO2 emissions (Kump, 1999). Similar to carbonate and silicate weathering, the
weathering of organic carbon should increase with atmospheric CO2 and global warming, but this yields a positive feedback that
would not lead to a new balance. There is significant uncertainty in the rate of organic carbon weathering, though a recent estimate
has suggested that CO2 release is similar to rates of CO2 uptake by silicate weathering (Zondervan et al., 2023). New organic carbon
burial appears to be persistent through geologic time and more closely tied to tectonics than to climate or atmospheric CO2 levels,
arguing against a role for net organic carbon burial in dynamically stabilizing atmospheric CO2 and climate in a negative feedback.
Moreover, the continued degradation of organic carbon with depth in the sediments by deep microbial activity complicates
constraints on the geologic rate of organic carbon burial, also described by the burial efficiency or fraction of deposited organic
carbon that is ultimately buried and preserved (Bradley et al., 2022). Recent estimates of organic carbon burial rates that consider
the depth and age of organic C in sediment range from 0.144 to 0.202 PgC per year (Bradley et al., 2022), higher than the<0.1 PgC
rate provided above (Blattmann et al., 2019). Given uncertainty in the atmospheric CO2 control over both organic carbon
weathering and burial, we suggest that the surface carbon budget imbalance from net organic carbon burial is ultimately resolved
by the silicate weathering feedback. As such we can simply expand the silicate weathering imbalance equation (Eq. 50) to also
include the imbalance between organic carbon weathering (FOCW) and burial (FOCB) (Eq. 57):

I ¼ 2� FVolc + FOCW − FOCBð Þ − FSW (57)

tcarbon ¼ Coc + Catm + Cland

Fvolc + FCW + FOCW
� Coc + Catm + Cland

FCB + FOCB
< tSW (58)

As a consequence, changes in organic carbon cycling can affect atmospheric CO2 and climate both on short timescales of the
closed-system carbon cycle as well as the long timescales of carbonate compensation and silicate weathering. From this perspective
net organic carbon burial may be understood as a geologic forcing of the carbon cycle and climate change, rather than being part of
the dynamics that restore and stabilize surface conditions. Changes in all organic carbon fluxes are particularly significant in terms
of carbon isotope mass balance in the surface carbon cycle because of the strong discrimination against 13C relative to 12C during
photosynthesis, yielding organic carbon that is 13C depleted relative the CO2 source (O’Leary, 1993; see Section “Carbon and
oxygen isotopes of marine carbonate”). The overall carbon isotopic composition of the combined surface carbon reservoir
(Coc, Cland, Catm) responds to relative changes in the carbon sources from volcanism and weathering (Fvolc, FCW, FOCW) and carbon
burial sinks (FCB, FOCB), with a response timescale that is much shorter than the silicate weathering timescale (Eq. 58). Hence,
carbon isotopes have proven tremendously useful in studying widely different aspects of organic carbon cycling (Mackensen and
Schmield, 2019). For example: carbon isotopes record (a) organic carbon cycling by the ocean’s biological pump (Hodell and
Venz-Curtis, 2006), (b) abrupt release of ocean and terrestrial organic carbon to the atmosphere (Bauska et al., 2016), (c) abrupt
release of geologic carbon to the surface environment (McInerney andWing, 2011), and (d) the long term relative proportion of net
organic carbon burial to volcanic CO2 sources (Kump, 1999).
Climate and the carbon cycle

Proxies

A “proxy” is a property that may be measured today (such as the magnesium content of a fossil) that may be used to quantitatively
or qualitatively reconstruct a property that can no longer be measured directly (such as the temperature of the Eocene ocean). All
observational constraints on the dynamics of the carbon cycle through geologic time come from proxies. The exception is
CO2 trapped in ice cores, which is technically not a proxy, but an archive of the ancient atmosphere; such records extend a
maximum of 2 million years ago (Yan et al., 2019). Most proxies of the carbon cycle and climate with high temporal and spatial
resolution spanning the Cenozoic (the modern geologic Era) are derived from ocean sediments. In contrast to archives on land
(including glacier ice, tree rings, cave deposits and ancient soils), the marine sedimentary archive is less impacted by unconformities
or sparse coverage, though incompleteness is still a limitation. Marine proxies are also particularly important in that they provide
information on the dominant component of Earth’s surface carbon reservoir.

Paleoceanographers may draw upon a growing body of techniques to reconstruct past physical, chemical, and biological ocean
conditions. These techniques are rooted in mid-20th century innovations in ocean drilling and isotope analysis (Becker et al., 2019)
and they continue to evolve today as new analytical capabilities emerge (Shevenell et al., 2020). In Section “Proxies,” we give a brief
introduction to foundational paleo-proxies (e.g., d18O, d13C of carbonate) and then focus on recent and emerging techniques for
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constraining carbon cycling and the carbonate system, which increasingly involve creative combinations of proxies (e.g., Vollmer
et al., 2022; Yu et al., 2019). Even as caveats or complications are recognized – for example, possible non-temperature controls on
the magnesium-to-calcium ratio (Mg/Ca) of foraminiferal calcite – strategies are available to quantify and/or reduce the uncertainty
associated with paleo reconstructions. These include (but are not limited to): (1) replication of reconstructions using independent
proxies or species, (2) proxy development efforts that widen the span and/or increase the data density of calibrations, and
(3) synthesis of complementary proxies that reconstruct different aspects or properties of the same process (e.g., dissolved
O2 and pH are both affected by respiration, but are reconstructed using different paleo proxies).

Earth’s carbon cycle and climate system are intimately linked, with stabilizing feedbacks regulating atmospheric CO2, surface
ocean pH, global temperature and ice sheet extent or sea-level (e.g., Siegenthaler et al., 2005). The field of paleoceanography and
paleoclimatology pursues two goals: to generate knowledge of past changes in both climate and the carbon cycle, and to use this
knowledge to develop quantitative understanding of carbon-climate interactions and feedbacks within the Earth System
(as described in Section “Carbon fluxes and dynamic balances” and visualized in Fig. 10). Knowledge is generated by development
and application of empirical methods to reconstruct specific Earth conditions through geologic time, with two broad sets of
parameters needed to track changes in the Earth system. We need reconstructions of physical climate conditions such as temper-
ature, the hydrologic cycle, winds and ocean circulation, and we need reconstructions of changes in the global elemental cycles
that sustain biological fertility, affect greenhouse gas concentrations and in turn impact climate. The specific parameters required
depend on the questions being posed, and in practice the measurement of multiple proxies may be needed to accurately infer a
single parameter. For example, radiocarbon dating of ocean water masses needs to be corrected for the effects of metabolic carbon
isotope fractionation, and pH reconstructions need to account for ambient temperature change.

A complete description of all the existing techniques for reconstruction of parameters relevant to Earth’s carbon-climate system is
beyond the scope of this chapter. Here we provide an overview of just three sets of proxy systems that offer core constraints on
climate-carbon cycle coupling of the Earth System: (1) carbon and oxygen isotopes (d18O, d13C) of marine carbonate, (2) boron
proxies (d11B, B/Ca) in marine carbonate, and (3) physical or faunal indicators in marine sediments of carbonate dissolution or
production (weight % CaCO3, carbonate mass accumulation rate). Other relevant proxy systems that we do not cover include
(a) additional proxies for surface ocean and atmospheric CO2, such as soil carbon- or alkenone-based carbon isotope approaches
(e.g., Hönisch et al., 2023), (b) approaches to reconstruct open ocean productivity (Horner et al., 2021), (c) direct and indirect
proxy systems for ocean nutrient cycling (Ai et al., 2020; Farmer et al., 2021), and (d) indirect measures of ocean oxygenation
(e.g., Kast et al., 2019; Lu et al., 2020; Auderset et al., 2022; Hoogakker et al., 2024).

Carbon and oxygen isotopes of marine carbonate
While we have discussed sedimentary carbonates as a major sink for carbon and alkalinity (Section “Land carbon storage”), they
also represent a rich geochemical archive of Earth history. The stable isotope composition of carbon and oxygen in carbonates were
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CO2 is the central Earth System property we should target. If we want to understand why CO2 has changed in the past we need to reconstruct both the surface
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among the first properties explored by paleoceanographers (e.g., Emiliani, 1955, 1966). Because of the widespread and long-
standing access to these techniques and also because of the relatively small amount of sample material needed for analysis, carbon
isotope (d13C) and oxygen isotope (d18O) records extracted from geologic archives have a greater spatial and temporal coverage
than other types of geochemical records. The carbon and oxygen isotopes locked within marine carbonates (and other minerals) are
directly linked to Earth’s major element cycles and have recorded dramatic changes including the formation of cratons of
continental crust since the Archean (Shields and Veizer, 2002; Galili et al., 2019), Proterozoic glaciations (“snowball Earth”
episodes; Hoffman et al., 1998), environmental catastrophes and extinctions of the Phanerozoic (Veizer et al., 1999), as well as
high resolution records of the climate and carbon cycle across the Cenozoic Era (Zachos et al., 2001; Westerhold et al., 2020),
bearing clues to the origin of our present climate system (Langmuir and Broecker, 2012). While neither d13C nor d18O serve as a
standalone proxy for any of the seawater carbonate system properties defined in Section “Carbon cycle models,” their widespread
availability, their inherent links to carbon, oxygen, and water cycles throughout Earth history, and their demonstrated relationships
with carbon species dissolved in seawater make them extremely valuable tools for studying the carbon-climate system through time.

Marine carbonate deposits can form on shallow shelves or in the deep ocean. The ratio of carbonate burial in these two
environments may be one of the key geologic controls on ocean pH, carbon and alkalinity inventory, and on atmospheric CO2. It is
currently unclear if the primordial ocean weathering alkalinity mass balance was closed through the abiotic precipitation of
carbonate mud (Geyman et al., 2022) or authigenic clay minerals (i.e., reverse weathering; Isson and Planavsky, 2018). The
evolution of organisms that grow hard parts from CaCO3 (calcifiers) and opal has permanently altered ocean carbon and alkalinity
cycling (Grotzinger, 2000), and these organisms’ skeletal remains constitute a crucial geologic archive. Marine calcifying organisms
arose as part of the Cambrian Explosion, which may have been a response to an unusual combination of extensive continental
denudation and a corresponding spike in ocean alkalinity (Peters and Gaines, 2012). During the mid-Mesozoic revolution, the
evolution of pelagic calcification by plankton suspended in the surface of the open ocean led to CaCO3 rain to the deep seafloor,
giving rise to the feedbacks that stabilize the global carbon cycle described in Section “Carbon fluxes and dynamic balances”
(Ridgwell, 2005).

Carbon has two stable isotopes–12C and 13C–with natural relative abundances of about 98.9% and 1.1%, respectively. Data are
typically reported in permille (per-thousand, %) as a ratio-of-ratios, where the 13C/12C isotope ratio of a sample (13Rsample) is
compared to the isotope ratio of a standard reference material (13Rstandard):

d13Csample ¼
13Rsample
13Rstandard

− 1

� �
�103 (59)

For example, if 13Rsample ¼ 0.01100 and 13Rstandard ¼ 0.01125, then d13C ¼ −22%. The aim of using a reference material is to enable
quantitative comparisons of isotope ratio measurements made on different mass spectrometers and through time. The convention
of formulating the d-notation in permille units was established for its utility in describing very small differences in isotope ratio.
Historically, carbonate samples were referenced to a standard derived from belemnite fossils collected in South Carolina’s PeeDee
region – PeeDee belemnite (PDB; Craig, 1957). That physical material has long since been consumed by analysis, but researchers
still reference modern measured 13R to PDB. At a meeting in Vienna in 1987, the zero point of the carbon isotope scale was defined
as a virtual material (Vienna PeeDee Belemnite, VPDB), defined by a fixed isotope ratio value assigned to a calcite reference material
called NBS19 (Hut, 1987). The VPDB scale was most recently updated in 2020 (Hélie et al., 2021) and efforts to enhance the
accuracy, precision, and stability of reference material measurements are ongoing (e.g., Hoffman and Rasmussen, 2022).

The average d13C of mantle-derived CO2 (and also the approximate composition of the atmosphere prior to anthropogenic
CO2 emissions) is −6% (VPDB); the ocean DIC reservoir is approximately 0%, and organic carbon found in surface sediments and
the lithosphere is significantly lower as a result of large kinetic isotope fractionations due to biological activity (� −10 to −30%;
Farquhar et al., 1989). In particular, photosynthesis discriminates against the heavy isotope (13C), resulting in organic carbon
compounds that have a lower 13C/12C than their carbon source (this is often referred to as heavy-isotope depletion, or simply
isotope depletion; O’Leary, 1993). Within the ocean, variations in d13C of DIC (d13CDIC) are driven, in part, by upper ocean
photosynthesis, which raises surface water d13CDIC via preferential fixation of low-d13C organic carbon that then sinks out of the
mixed layer. In the deeper ocean, low-d13C particulate organic matter is respired and returned to the DIC pool, which lowers the
average d13CDIC of the ocean interior. In this way, the biological pump (Section “The ocean’s biological pumps”) maintains vertical
DIC and d13CDIC gradients in spite of the large-scale ocean circulation, which works to counteract these gradients by subduction of
high-d13C surface water and upwelling of low-d13C deep water. Air-sea gas exchange also fractionates carbon isotopes of DIC as a
function of temperature, decoupling the d13CDIC of preformed DIC from nutrients like phosphate, though strong global-scale
correlation between d13CDIC and phosphate indicate that biological processes exert the dominant control (Mook, 1986;
Lynch-Stieglitz et al., 1995; Schmittner et al., 2013; Eide et al., 2017; Vollmer et al., 2022).

Incorporation of carbon into skeletal material may involve diffusion, pumping, and/or seawater vacuolization regulated by the
calcifying organism. Potential sources of carbon in biogenic carbonates include dissolved forms such as HCO3

−, CO3
2−, and CO2 as

well as particulate organic carbon (POC, Section “Ocean carbon”) ingested as food. The reservoir of carbon from which all of these
are ultimately drawn–ocean DIC–changes in both size and isotopic composition through time. Changes in isotopic composition
can occur in response to changes in the fluxes of isotopically distinct reservoirs into and out of the ocean DIC reservoir (Coc).
This includes both closed-system exchanges (Section “Closed system exchanges”), e.g., expansion/contraction of the isotopically
depleted terrestrial biosphere (resulting in enrichment/depletion of global ocean d13CDIC) as well as open-system exchanges
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(Section “Open system exchanges”), e.g., sediment deposition, burial of organic carbon, or volcanic outgassing. Isotopic mass
balance dictates that changes in ocean d13CDIC are a function of both the isotopic difference between the ocean and the source/sink
as well as the magnitude of the flux. The d13C difference between planktic foraminifera, which grow in the upper ocean, and benthic
foraminifera, which live on or in seafloor sediments, have also been used to assess past changes in the functioning of the biologic
pump (Zachos et al., 1989; Ziegler et al., 2013; Greenop et al., 2017). Recent studies on modern samples have confirmed that d13C
of epifaunal foraminifera is a faithful recorder of contemporaneous bottom-water d13CDIC (Mackensen and Schmiedl, 2019);
correlation of foraminiferal d13C with seawater CO3

2− and pressure merit further investigation (Schmittner et al., 2017).
Oxygen has three stable isotopes–16O, 17O, and 18O–with natural relative abundances of 99.76%, 0.04%, and 0.20%,

respectively. Similar to carbon isotopes, the two most abundant stable isotopes of oxygen are reported in permille (%) relative
to a standard:

d18Osample ¼
18Rsample
18Rstandard

− 1

� �
�103 (60)

where 18R is the ratio of 18O over 16O. Water samples are typically reported relative to a seawater standard: Vienna Standard Mean
Ocean Water (V-SMOW), with the physical reference material updated to V-SMOW-2 in 2009 (Gröning et al., 2006). By definition,
average seawater is close to 0% on the V-SMOW scale. The V-SMOW scale and V-PDB scale are offset from each other by
approximately 30% (meaning that the same sample would be 0% relative to V-SMOW and �30% relative to V-PDB), so when
reporting data it is crucial to specify which scale is being referenced (Eqs. (61) and (62), below; Kim et al., 2015).

d18Osample,VSMOW %ð Þ ¼ 1:03092 � d18Osample,VPDB + 30:92 (61)

d18Osample,VPDB %ð Þ ¼ 0:97001 � d18Osample,VSMOW − 29:99 (62)

Carbonate d18O is higher than the water from which it forms because, all else being equal and assuming reversible chemical
reactions, heavier isotopes tend to be concentrated into the phase in which they are more strongly bound (equilibrium fraction-
ation) (Bigeleisen, 1965). Within the Earth system, fractionation occurs during gas exchange and phase changes of oxygen-bearing
compounds (e.g., H2O, O2, CaCO3, organic matter). Organic matter, marine carbonates, and atmospheric O2 and CO2 are all
enriched in 18O relative to mean ocean water, while ice locked in the Greenland and Antarctic ice caps are depleted by�20 to>50%
(Dansgaard, 1964; Epstein et al., 1977). This occurs as a combined result of preferential evaporation of water containing the lighter
isotope (H2

16O) into air parcels due to its higher vapor pressure (relative to H2
18O) and also episodic, preferential loss via

precipitation of water containing the heavier isotope (18O) during atmospheric transport of water vapor to higher and colder
latitudes (so-called Rayleigh distillation; Hayes, 2004). As a result, the waxing and waning of global continental ice volume is
accompanied by a corresponding enrichment and depletion, respectively, of average ocean d18O. This is sometimes referred to as the
“ice-volume effect.”

Oxygen can be incorporated into tests (shells) of foraminifera in different ways, and these processes and associated fraction-
ations are still being investigated. An exhaustive review is beyond the scope of this chapter, but we note a few key observations. First,
only about 0.1% of surface oxygen is in the atmosphere (O2) we breathe whereas 99.7% of the oxygen is in the form of water (H2O),
with seawater solutes accounting for 0.2% in form of sulfate (SO4

2−), and about 0.01% in form of dissolved inorganic carbon (DIC)
species. Therefore the d18O of water exerts a strong baseline control on the d18O of dissolved inorganic carbon species, which are
constantly exchanging oxygen with water molecules. Marine carbonate d18O is thus expected to be sensitive to changes in seawater
d18O. Second, marine carbonates form with a �30% enrichment of d18O relative to seawater, and that fractionation factor is
sensitive to the temperature at which inorganic carbonate forms (Urey et al., 1951). Third, isotopic offsets have been observed in the
foraminiferal calcite of different species, even when grown under identical conditions, indicating some degree of biological
influence or “vital effects” on d18O of these biogenic carbonates (e.g., Bemis et al., 1998; Marchitto et al., 2014). Fourth, d18O of
foraminiferal carbonate has been observed to vary with seawater carbonate chemistry (pH and/or CO3

2−), perhaps due to varying
relative seawater abundances and/or incorporation of aqueous HCO3

− and CO3
2− (which are offset in terms of isotopic composition

due to differing bond strengths) into growing shells, and/or some form of chemically sensitive biological mediation (e.g., Spero
et al., 1997).

Laboratory experiments with inorganically precipitated carbonates have yielded a d18O temperature sensitivity of approximately
−0.2% per �C (McCrea, 1950; O’Neil et al., 1969). Early paleotemperature equations established by Shackleton (1974) are based on
inorganic calcite experiments at two temperatures combined with three core-top benthic foraminiferal values (from Uvigerina):

T ¼ a − b� dCaCO3
− dSeawater + cð Þ (63)

T ¼ a − b� dCaCO3
− dSeawater + cð Þ + d� dCaCO3

− dSeawater + cð Þ2 (64)

where T is temperature (�C), dCaCO3 is d
18O of carbonate (VPDB scale), and dSeawater is d

18O on the VSMOW scale (a, b, c, and d are
fitted constants). Calcite (and aragonite) d18O depends on both seawater temperature and d18OSeawater (Fig. 11). As a result, either
temperature or d18OSeawater need to be estimated or independently reconstructed to solve for the third variable. Foraminiferal d18O
during the Cenozoic Era (Section “Reconstructions”) is often translated to ‘ice-free temperatures’ because of the changing contri-
bution of temperature and seawater d18O variations to foraminiferal d18O following the development of large ice sheets. Ice-free
seawater d18O estimates for the early Cenozoic are variable, but average around −1% on the VSMOW scale (Kennett et al., 1975;
Lhomme, 2005; Cramer et al., 2011).
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Early work on the d18O of foraminifera has been built upon bymany laboratory and field studies, resulting in new equations that
are better constrained and have lower uncertainties (e.g., Marchitto et al., 2014) than those from earlier studies. Considering the
mixed nature of the 1974 calibration dataset and the availability of more robust equations, continued use of these early calibrations
is not recommended. Compilations of the most recent equations and even online tools for d18O-temperature conversions are
available (e.g., Gaskell and Hull, 2023). Another notable advance is the development of “clumped isotope” thermometry, which
utilizes the temperature-dependence of bonding between rarer, heavier isotopes in ancient carbonates (e.g., 13C, 18O) to reconstruct
paleo growth temperatures (Eiler, 2007). Though analytically challenging, this approach has the distinct advantage of being able to
estimate temperature without independent knowledge of d18OSeawater.
Boron-based proxies of seawater chemistry
Boron (B) is relatively rare in the cosmos, yet it is highly enriched in Earth’s crust due to the element’s affinity for fluids and aqueous
melts (Grew, 2017). Processes that formed Earth’s crust also enriched it in B, depleting the residual mantle. Today B continues to
cycle among the major reservoirs of crust, mantle, and ocean (Fig. 12). The ocean’s boron content has likely varied during Earth
history primarily in response to changes in global river runoff and hydrothermal processes, perhaps ranging from 4 to almost 5 ppm
(ppm) seawater concentration during the Cenozoic (Lemarchand et al., 2000, 2002). When dissolved in seawater, B is present in
two major species: borate (B(OH)4

−) and boric acid (B(OH)3), which are governed by an acid-base equilibrium (Eq. 65, and also
discussed in Section “Carbon cycle models”):

B OHð Þ3 + H2O $ B OHð Þ−4 + H+ (65)

The relative abundances of these B species may be related by a dissociation constant (also called a stability or equilibrium constant),
defined as:

K ∗
B ¼ H+ � B OHð Þ−4

B OHð Þ3
(66)

The balance point, or stoichiometric dissociation constant, between the abundance of borate and boric acid, represented by KB
⁎,

depends on temperature, salinity, and pressure. As described in Section “Carbon cycle models,” borate functions as part of the
ocean’s alkalinity–the pool of chemical species that will readily buffer addition of an acid, stabilizing solution pH. The parallel
behavior of dissolved inorganic carbon species creates a strong link between dissolved C and B speciation in the ocean (Fig. 13). This
pH-sensitive speciation, combined with the existence of a strong, constant B isotopic fractionation between B(OH)4

− and B(OH)3,
forms the theoretical foundation of B-based paleo proxies for reconstructing seawater carbonate chemistry.

Boron has two stable isotopes, 11B and 10B, with natural abundances of 80.1% and 19.9%, respectively. The boron isotopic
composition of materials is typically expressed in permille notation relative to National Bureau of Standards material 951
(Catanzaro et al., 1970):

d11Bsample ¼
11Rsample
11RNBS951

− 1

� �
�103 (67)
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Fig. 12 Foraminifera boron isotope system. Simplified boron cycle including the size (M) in grams and isotopic composition of reservoirs most relevant to boron
paleoproxies. Boron concentrations ([B]) and isotope compositions in permille (%) relative to NBS951 are from Grew (2017), Palmer (2017), Foster et al. (2010), and
Hönisch et al. (2019). Boric acid (B(OH)3) and borate (B(OH)4

−) curves are estimates calculated using CO2SYS (Sharp et al., 2020) assuming [B]sw from Lee et al.
(2010), aB ¼ 27.2% (Klochko et al., 2006), d11Bsw ¼ 39.61% (Foster et al., 2010), 25 �C, salinity of 35, and surface pressure, corresponding to pKB value of 8.59.

Earth system carbon cycle dynamics through time 25
where 11R is the ratio of 11B to 10B. Today the mean boron isotopic composition of seawater (d11BSW) is 39.61 
 0.04% (Foster
et al., 2010). Estimates for the residence time of B in the global ocean are on the order of 107 years, supported by existing constraints
on B fluxes and reservoirs and also by modern observations of global ocean isotopic homogeneity (Berner and Berner, 1996; Foster
et al., 2010; Lemarchand et al., 2000, 2002). The mean ocean isotopic composition has varied in the past along with seawater B
concentration in response to variable B fluxes among reservoirs (Lemarchand et al., 2000, 2002; Simon et al., 2006; Fig. 12).

Coordination of the boric acid molecule is trigonal-planar, while the borate molecule is tetrahedral. The resulting difference in
vibrational frequencies in B-bonding environments of these two chemical species results in a constant isotopic fractionation
between boric acid and borate in seawater (Klochko et al., 2006; Nir et al., 2015). This offset (eB), locked in at a constant value
by the stable coordination of each B species, is illustrated in Fig. 12. Even as the relative abundances of boric acid and borate vary
alongside pH, temperature, and seawater major ion composition (Hain et al., 2015), their isotopic offset and their summed isotopic
composition remain constant (Nir et al., 2015). Eq. (68) provides an approximation for this isotope mass balance:

d11BSW �BSW ¼ d11BB OHð Þ3 �B OHð Þ3 + d11BB OHð Þ−4 �B OHð Þ−4 (68)

This approximation is very useful, but it may result in small offsets from the full isotope ratio mass balance equation in Eq. (69),
which can be solved when more accurate estimates are needed (Rae, 2018):

11RSW � B OHð Þ−4 + B OHð Þ3
� �

11RSW + 1
¼

11RB OHð Þ−4 �aB�B OHð Þ3
11RB OHð Þ−4 �aB + 1

+
11RB OHð Þ−4 �aB�B OHð Þ−4

11RB OHð Þ−4 + 1
(69)

Collectively, these properties of boron–the element’s ocean residence time, chemical speciation, and isotopic fractionation in
seawater, as well as its pH-sensitive behavior alongside carbon – all can play a role in its function as a paleo proxy for different
aspects of the carbonate system.

To reliably record the pH-dependent balance between the two dissolved B species in seawater (boric acid and borate) carbonates
either need to incorporate a single B species, a constant mixture of the two, or a predictable mixture of the two. Initial hypotheses
regarding B incorporation into carbonates suggested that the charged borate ion (as opposed to the uncharged boric acid molecule)
would be more likely to be attracted to the charged mineral surface and ultimately be incorporated into the calcite and/or aragonite
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lattice (e.g., Hemming and Hanson, 1992). Early inorganic precipitation experiments yielded evidence to support this idea (e.g.,
Sanyal et al., 2000), and recent work still largely supports sole or dominant incorporation of borate into aragonite, resulting in d11B
and boron-to-calcium ratios (B/Ca) that broadly increase with solution pH. However, recent work has suggested that incorporation
of B, especially into calcite, could involve a mixture of boric acid and borate and/or involve detectable kinetic fractionation
(Uchikawa et al., 2015). Therefore while the current body of research on B in synthetic carbonates broadly supports the theoretical
basis for B-based proxies for the carbonate system, with both B/Ca and d11B of precipitated CaCO3 reliably increasing with seawater
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pH, several questions remain and merit further investigation. In particular, deeper understanding of potential roles of solution
temperature, different incorporation mechanisms, kinetic effects, and major-ion solution composition on B incorporation into
carbonates could all enhance our ability to apply and interpret these proxy records (Henehan et al., 2022; also reviews by Hönisch
et al., 2019 and Branson, 2018).

In recent decades, culture experiments and field studies have revealed the following regarding B in biogenic carbonates:
(1) species offsets exist in terms of both d11B and B/Ca of specimens grown under identical conditions, indicating some level of
biological control on B incorporation (e.g., Allen et al., 2012; Hönisch et al., 2021), (2) although d11B of biogenic carbonates
reliably increases with seawater pH, the absolute value of carbonates can be variably or constantly offset from theoretical predictions
for solution borate, indicating some incorporation of boric acid and/or operation of a fractionating process, (3) post-depositional
modification of original bulk shell or skeletal composition could in some cases affect B proxies (cf. Edgar et al., 2015), and steps
should be taken to minimize this possibility, including selection of large and/or consistent shell sizes (for applications involving
foraminifera) and verification of reconstructions with independent proxy evidence (Hönisch et al., 2019; Rae, 2018). The theoretical
framework for B incorporation into carbonate minerals outlined in the section above predicts that B/Ca and d11B of marine
carbonates should behave in a similar manner, responding in parallel to changes in the concentration of borate in seawater. B/Ca
observations deviate somewhat from theoretical predictions, with benthic foraminiferal B/Ca covarying strongly with bottom-water
DCO3

2− (Yu and Elderfield, 2007; Rae et al., 2011; Brown et al., 2011), planktic foraminiferal B/Ca appearing to respond to seawater
borate-to-bicarbonate ion ratio or other, closely related parameters (Allen et al., 2011; Henehan et al., 2015), and unexplained
offsets persisting among species.

Collectively, these observations and outstanding questions mean that both B/Ca and d11B are currently empirical proxies, as are
virtually all other geochemical reconstruction techniques in our paleoceanographic toolbox. However, the broad consistency of
observations with theoretical predictions is, in many cases, significant and encouraging, forming a reasonable framework that will
continue to be investigated. In addition, recent interlaboratory studies determined that although isotopic offsets exist among
techniques and laboratories that analyze d11B, those offsets are quantifiable, consistent, and may be accounted for in order to
produce comparable results within the international research community (Foster et al., 2013). Overall, boron-based proxies
represent powerful tools with which the past ocean’s carbon speciation and cycling may be investigated. Primary targets for future
development should include the points listed above as well as establishment of robust constraints on mean-ocean total boron
concentration and d11B through time. The latter is particularly important since it is required for the conversion of d11B-borate
estimates (reconstructed from marine carbonates) into seawater pH via Eq. (70):

pH ¼ pK ∗
B − log −

d11BSW − d11BB OHð Þ−4
d11Bsw − aB�d11BB OHð Þ−4 − eB

 !
(70)

Sedimentation constraints on the C cycle
Extant seafloor sediment deposits date as far back as �180 million years, however, the mean age of ocean crust is only �64 million
years (Müller et al., 2008; Seton et al., 2020). The burial of carbonate and organic carbon in these preserved sediment sequences
represents the removal of carbon from the surface reservoir (Coc, Cland, Catm), where only the preservation of carbonates is related to
seawater acid/base chemistry and atmospheric CO2 (Sections “Carbon cycle models” and “CaCO3 compensation”). These relation-
ships are illustrated in the contrast of our “fixed weathering” and “silicate weathering” cGENIE experiments in Fig. 5. In response to
injection of atmospheric CO2, the ocean saturation state (O) decreases, and so does the amount of carbonate preserved on the
seafloor. However, the reduction in sedimentary carbonate content delivers alkalinity to the oceans that enables the further
reduction of atmospheric CO2 beyond the closed system redistribution. The power of reconstructing sedimentary carbonate content
is thus two-fold: it provides constraint not only on the overall mass balance of the surface carbon reservoir but it further constrains
the distribution of carbon between the ocean and atmosphere. In a specific example, the prolonged reduction in deep sea
CaCO3 burial during the Paleocene-Eocene Thermal Maximum global warming event has been used as a constraint on the mass
of carbon injected into the surface carbon cycle d (Panchuk et al., 2008; Zeebe et al., 2009; see Section “Reconstructions”).

Constraints on carbonate preservation have historically taken the form of reconstructions of the regional/global lysocline and/or
carbonate compensation depth (CCD). While the lysocline (Section “CaCO3 compensation”) is identified through evidence of
dissolution in carbonate sediments, the CCD is the depth where sediments are practically devoid of carbonate (though in practice
often identified where the weight percentage of CaCO3 in the sediment is <20 wt%). Andel and Tjeerd (1975) provided the first
reconstruction of the Cenozoic CCD based on the distribution through time of carbonate sediments with known age and depth of
the underlying basement. The Van Andel CCD curves, along with some regional updates (e.g. Pälike et al., 2012) have been used to
constrain the evolution of the carbonate system and CO2 through time, even though these require the questionable assumption
that the CCD faithfully records changes in the depth of the CSH (i.e., Tyrrell and Zeebe, 2004; Caves et al., 2016). At the same time,
the depth between the lysocline and the CCD varies both within the present ocean (Broecker and Takahashi, 1977) and during past
glacial to interglacial transitions (Farrell and Prell, 1989; Section “Reconstructions”).

Another way to identify the CCD (aside from an approximate wt% CaCO3 in sediments) is to calculate the depth at which the
mass accumulation rate of carbonate approaches zero (Lyle, 2003). The advantage of accumulation rate constraints on the CCD
beyond measurements of wt% CaCO3 arises because there is a highly nonlinear relationship between wt% CaCO3 and carbonate
dissolution in sediments (Broecker and Peng, 1982) and because dilution by non-carbonate sediments also impacts wt%



28 Earth system carbon cycle dynamics through time
CaCO3 (Lyle, 2003). Sediment mass accumulation rates (or “bulk” MAR, g/kyr/cm2) are the product of linear sedimentation rate
(cm/kyr) and dry bulk density (g/cm3). Accumulation of any particular sedimentary component (e.g., carbonate) can be obtained
by multiplying bulk MAR by composition (wt%) measurements. Data of either wt% CaCO3 or carbonate MAR are only effective at
constraining the CCD when data frommultiple sites at multiple depth intervals are combined. (A single site with CaCO3 < 20 wt%
or carbonate MAR ¼ 0 can only provide a maximum depth of the CCD). Moreover, variability in the distribution of modern
carbonate sediments (Archer, 1996a,b) indicates the importance of adequate spatial coverage to constrain the CCD equivalently
in the past.

Finally, additional proxies may constrain the lysocline. These typically include aspects of the foraminifera found in deep-sea
sediments. For example, the ratio of benthic to planktic foraminifera shells increases positively with dissolution (Berger, 1970) as
does the ratio of shell fragments to whole intact shells (Le and Shackleton, 1992). Fragmentation index, in particular, can be difficult
to assess; recent research has suggested the use of image analysis to determine fragmentation intensity, a metric that includes
both the number and size of shell fragments (Suárez-Ibarra et al., 2021).

Burial of sedimentary Corg is also an essential part of C cycling, but significant sedimentary Corg burial occurs in much more
restricted regions in comparison to carbonate, and Corg burial rates in the deep sea (>1000 m) are an order of magnitude lower than
for CaCO3 (Hedges and Keil, 1995). In fact, shelves (<50 m) alone account for nearly half of all organic carbon burial (Dunne et al.,
2007). The relative fraction of carbon buried as carbonate and organic carbon has very likely changed through geologic time (Kump,
1999); these variations can account for changes in the carbon isotope records of marine carbonates (Section “Reconstructions”).
Reconstruction of Corg burial is conceptually similar to carbonate MAR: multiplying wt% total organic carbon (TOC) by bulk MAR;
however, calculating this value from the deep-sea sediment cores used in CCD reconstruction would represent only a tiny fraction of
global organic carbon burial. Organic carbon burial during the Cenozoic could provide useful constraints for Earth System Models;
at present, very few include a sophisticated representation of organic carbon preservation (Hülse et al., 2017), a fact hampered by
the lack of quantitative past (or even present) reconstruction of organic carbon burial rates. Even in the modern ocean, the burial
efficiency, or the proportion of organic carbon reaching the seafloor that is buried, is poorly defined, particularly because organic
carbon continues to degrade in very deep and ancient sediment (Bradley et al., 2022).
Reconstructions

Geologists have attempted to constrain carbon cycle and climate fluctuations across a vast sweep of Earth history (e.g. Mills et al.,
2019). Reconstructions of climate and carbon cycle variations across the Cenozoic Era have dramatically better resolution in
comparison to earlier Eras via the marine proxy systems. Increasingly, efforts at past reconstruction merge information from proxies
(Section “Proxies”) with numerical modeling techniques (Section “Carbon chemistry”) in order to constrain not only past climate
states but the distribution of carbon within the climate system controlled by carbon cycle dynamics (Section “Carbon fluxes and
dynamic balances”). However, fundamental questions remain in reconstructing dynamics at multiple temporal scales across the
Cenozoic; including (1) the first order Cenozoic-long decline in temperature and atmospheric CO2, (2) the source and fate of
carbon across distinct climatic transitions or aberrations, and (3) the redistribution of carbon between surface carbon reservoirs
during the Quaternary glacial cycles. Understanding all of these dynamics is important for projecting the carbon cycle response to
anthropogenic carbon input. The rapid timescale of modern carbon addition leads to disequilibrium in the partitioning of carbon
within the surface carbon reservoir, but open system processes are crucial for the eventual recovery of the carbon cycle and climate
because the source of carbon (primarily fossil fuels) is external to the r surface carbon system.

Cenozoic trends and rhythms
The Cenozoic-long trends in the climate and carbon cycle are cooling and declining atmospheric CO2, but these trends were not
monotonic (Hönisch et al., 2023). Explicitly, we consider trends as a secular drift in open system steady state on a timescale greater
than the silicate weathering feedback (Eq. 56). At steady state, carbon input and removal fluxes to/from the surface carbon reservoir
(Coc, Cland, Catm) are balanced (see Section “Open system exchanges”). Trends in deep ocean temperature and global ice volume are
reconstructed by benthic foraminiferal oxygen stable isotope records (d18O, see Section “Boron-based proxies of seawater chem-
istry”); most recently the CENOGRID megasplice of records from deep sea sites has provided an astronomically dated 66 million
year record of Earth’s climate (Fig. 13, gray lines) (Westerhold et al., 2020). Peak deep ocean temperature in excess of 10 �C occurred
in the Hothouse climate of the Early Eocene Climate Optimum (EECO, �52 to 50 Ma) while the emergence of a Coolhouse
climate characterized by near-freezing deep ocean temperatures and ice on Antarctica occurred across the Eocene Oligocene
Transition (EOT, �34 Ma) with Antarctic ice sheet retrenchment during cooling across the middle Miocene Climate Transition
(�14–13 Ma). A full icehouse climate, with significant bipolar glaciation, arose across the Pliocene-Pleistocene Transition
(�2.6 Ma; Zachos et al., 2001; Westerhold et al., 2020). Conversely, significant warming trends also occurred during the Cenozoic,
particularly from late Paleocene to the Early Eocene Climate Optimum (�58–52 Ma) and into the Middle Miocene Climate
Optimum (MMCO, �17 to 14.7 Ma; Holbourn et al., 2015; Westerhold et al., 2020). Prior to the development of significant
land-based ice across the EOT, the benthic d18O record is a more straightforward indicator of changes in deep ocean temperature.
Following the EOT, an independent constraint on temperature or the d18O of seawater is needed to convert variations in d18O
to temperature.

Alongside long Cenozoic cooling, proxy-CO2 records consistently indicate a decline in atmospheric CO2, from a peak of
�1600 ppm during the Early Eocene to the Quaternary Icehouse minimum of �180 ppm (Hönisch et al., 2023). Fig. 13 includes
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a compilation of boron isotope data (d11B, red lines, see Section “Boron-based proxies of seawater chemistry”) from subtropical
planktic foraminifera (Rae et al., 2021); the long-term Cenozoic increase in d11B is consistent with increasing surface ocean pH and
declining atmospheric CO2. The clear coupling of CO2 and climate trends across the Cenozoic implicates CO2 as the primary
(though not sole) driver of Cenozoic climate change. However carbon cycle reconstructions are insufficient to constrain the cause of
this long-term Cenozoic CO2 trend, which has been explained variously by enhanced weathering fluxes (Raymo, 1991), enhanced
weathering feedback strength (Kump and Arthur, 1997; Caves et al., 2016), decreased volcanic outgassing flux (Der Meer et al.,
2014), or combinations of these processes (Berner, 1990). Cenozoic evolution of the carbon cycle would also have been influenced
by any changes in organic carbon weathering and burial (Li and Elderfield, 2013). Reconstruction of the CCD is often used as an
additional constraint on Cenozoic trends in atmospheric CO2; for instance, as a second constraint on the seawater carbonate system
in order to use the d11B-pH proxy to calculate CO2 (Raymo et al., 1988; Kashiwagi et al., 2008; Caves et al., 2016; Der Ploeg et al.,
2019; Komar and Zeebe, 2021; Rae et al., 2021; Derry, 2022). Given the requirement that carbonate burial balances the weathering
input of alkalinity, movements of the CCD are presumed to reflect this balance. This interpretation is complicated by changes in the
relative shallow-to-deep distribution of carbonate burial as a function of changing seawater chemistry and ocean hypsometry, which
decouples CCD changes from global carbonate burial (Opdyke and Wilkinson, 1988; Greene et al., 2019; Komar and Zeebe, 2021;
Paytan et al., 2021). Overall, the Cenozoic-long trend of CCD deepening determined by Andel and Tjeerd (1975) has been
reproduced by subsequent studies (summarized in Komar and Zeebe, 2021).

In contrast to the clear Cenozoic trends in benthic foraminiferal oxygen isotopes (temperature and ice volume), proxy-CO2,
and the CCD, benthic carbon isotopes (d13C, see Section “Carbon and oxygen isotopes of marine carbonate”) show large variations
but no obvious Cenozoic-long trend parallel to either temperature or CO2 (Fig. 13, blue lines). Prominent multi-million year
shifts in benthic d13C occurred around the Late Paleocene Carbon Isotope Maximum (�59–57 Ma), the mid-Miocene (‘Monterey
Event’, �16–14 Ma), and the late Miocene carbon isotope shift (�8–7 Ma) (Westerhold et al., 2020). These shifts have
most commonly been interpreted as evidence for intervals of elevated organic carbon burial as a fraction of total carbon burial,
leading to prominent carbon isotope maxima because of the large isotopic difference between CO2, DIC and organic matter due to
photosynthetic fractionation, though such changes could equivalently indicate reduction in organic carbon weathering (e.g. Kump,
1999). Importantly, the organic carbon fraction of the total carbon burial rate most directly impacts surface ocean d13C, whereas
deep ocean d13C is offset by the biological pump (Kump, 1991) (Section “The ocean’s biological pumps”). Ideally, variations in the
fraction of organic carbon burial would be constrained by estimating mean surface ocean d13C from planktic foraminiferal records,
though planktic foraminifera are typically less well preserved in comparison to more robust benthic foraminifera. Changes in
the rates of volcanism or weathering of carbonates and silicates should result in comparatively less change in benthic foraminiferal
d13C given the much more similar isotopic composition between mantle carbon, carbonate, and ocean DIC.

Climate change across the Cenozoic is also subject to the influence of persistent rhythms due to quasi-cyclic variations in Earth’s
orbital geometry (e.g. Zachos et al., 2001; Westerhold et al., 2020). The timescale of these rhythms ranges from the 104 yr period of
Earth’s combined precession cycles and obliquity cycle to the 105 yr period of cycles in eccentricity. Amplitude modulation of these
cycles ranges from 105 to 106 yr periods, such that these climatic rhythms inherently interact with the silicate weathering timescale
(Pälike et al., 2006; Russon et al., 2010; Zeebe et al., 2017; Vervoort et al., 2021). Over the 104 year timescale, orbital variations
interact with carbonate compensation and ocean-atmosphere carbon exchange. The ice age cycles of the Plio-Pleistocene are the
most well-known example of feedbacks between cyclic changes in Earth’s orbit and carbon cycle dynamics (see Fig. 13, ‘Rhythms’),
but similar interactions existed throughout the Cenozoic, albeit with varying results in terms of the feedback mechanisms and
amplitude of climatic change (Westerhold et al., 2020).

Climate optima
The term climate optima refers to steady state intervals of high CO2 maintained by elevated rates of carbon input to the surface
reservoir relative to removal; in other words, they require changes in open system fluxes. However, there is no clear criteria for what
climatic conditions should constitute an ‘optimum.’ Westerhold et al., 2020, instead suggested the categories Hothouse, Warm-
house, Coolhouse, and Icehouse to identify distinctive climate states across the Cenozoic. The two most prominent Cenozoic
intervals labeled as optima based on benthic foraminiferal d18O records, corroborated by additional paleotemperature proxies
(Meckler et al., 2022) and consistent with reconstructions of atmospheric CO2, are the Early Eocene climatic Optimum (EECO) and
the Mid Miocene Climate Optimum (MMCO) (Fig. 13, ‘Optima’). These two intervals are local maxima on timescales of
106–107 years; in other words, they persist on timescales longer than the silicate weathering feedback. The Middle Eocene Climatic
Optimum (MECO, �40 Ma) has also been labeled as an optimum, though it is a shorter lived event of�400 kyr and hence did not
persist for longer than the silicate weathering timescale (Bijl et al., 2010). A Pliocene Climate Optimum has also been described
as the warmest interval of the early Pliocene (4.4 to 4 Ma) (Fedorov et al., 2013), though once again, this interval did not persist for
a timescale longer than the silicate weathering feedback and does not stand out as a local maxima in temperature or CO2. The EECO
was the warmest interval of the entire Cenozoic, identified as a Hothouse climate (Westerhold et al., 2020). Maximum deep ocean
temperatures above 10 �C corresponded to atmospheric CO2 of �1600 ppm based on lower resolution boron isotope reconstruc-
tions (Westerhold et al., 2020; Rae et al., 2021; Hönisch et al., 2023). The rise in temperature lagged a trend of declining d13C
following the Paleocene Carbon Isotope Maximum. Consequently both enhanced volcanism from the North Atlantic Igneous
Province as well as reduced organic carbon burial or exhumation and weathering of previously buried organic matter have been
proposed as potential sources of elevated CO2 (Komar et al., 2013; Greene et al., 2019). There is some evidence for a relative
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deepening of the CCD associated with the warming trend from the Late Paleocene to Early Eocene (Komar et al., 2013; Slotnick
et al., 2015), though this has been disputed (Greene et al., 2019). However, understanding of the silicate weathering feedback
(Section “Silicate weathering thermostat”) suggests that global warming should have resulted in enhanced weathering supply
of alkalinity, which must have been compensated by additional carbonate burial somewhere.

Compared to the EECO, the rise in temperature into the mid-Miocene Climate Optimum (�17 to 14.7 Ma) was more abrupt,
occurring over<106 years (Holbourn et al., 2015; Kochhann et al., 2016), though the duration of the climatic optimum was similar
(�2Myr). Comparable to EECO, the MMCO has also been linked to volcanism, in the latter case via eruption of the Columbia River
flood basalt group in the Pacific northwest United States (Kasbohm and Schoene, 2018). Proxy records suggest mean atmospheric
CO2 during the MMCO of�500 ppm (Hönisch et al., 2023). There is association between the MMCO and another d13C maximum;
however, while the Paleocene Carbon Isotope Maximum led the EECO, the Monterey Excursion slightly lagged peak temperature
across the mid-Miocene (Westerhold et al., 2020). Reconstructions of the Mid-Miocene CCD indicate an overall shoaling, though
reconstructed carbonate accumulation indicates an increase during the MMCO compared to the modern, consistent with an
enhanced silicate weathering feedback (Si and Rosenthal, 2019; Si et al., 2023).
Transitions
We distinguish climate transitions as changes that occur on the order of 105 yrs. (consistent with the residence time of carbon in the
surface reservoir, Eq. 58), but fail to recover or reverse over the silicate weathering timescale (Eq. 56). Transitions are distinct from
trends in that they occur more rapidly; hence a cooling trend is apparent across the early-middle Eocene following the EECO but the
MMCO was followed more abruptly by the mid-Miocene Climate Transition at �14 Ma (Super et al., 2018). Trends should be
clearly longer than the silicate weathering timescale, but insufficient resolution in proxy records may make some transitions appear
as trends; in contrasting the end of EECO and the MMCO, the resolution and number of available records is greater for the latter.
Open system carbon cycle exchanges must be considered in understanding the establishment of a new steady state, but the
transition itself suggests an interval in which open system exchanges were out of balance. Westerhold et al. (2020) identify key
climatic transitions during the Cenozoic as the Eocene Oligocene Transition (EOT or Oi-1, �34 Ma), the Oligocene Miocene
Transition (OMT or Mi-1, �23 Ma), the middle Miocene Climate Transition (mmCT, �14 Ma), the Pliocene-Pleistocene Climate
Transition (�2.7 Ma), and the Mid-Pleistocene Transition (MPT, �1.2 Ma). Of these, the most recent, Mid-Pleistocene Transition is
explicitly related to the character of the climate and carbon cycle response to orbital forcing; it describes the transition from 41-kyr
glacial-interglacial cycles to �100-kyr cycles (Berends et al., 2021). Continuous ice core records do not yet span the MPT, but
discontinuous ice core samples and d11B-based CO2 reconstructions do not conclusively indicate a long-term decline, but rather
lower glacial CO2 levels (Hönisch et al., 2009; Chalk et al., 2017; Yan et al., 2019). However, there is evidence connecting the
earlier transitions to orbital forcing as well. In particular, glacial transitions appear to correlate to low-amplitude obliquity and
eccentricity minima, which favor cool summers and ice accumulation (Zachos et al., 2001; Galeotti et al., 2016; Greenop et al.,
2019). Broadly, transitions hence result from a combination of open system imbalances and rhythmic forcing, suggestive of
thresholds in the carbon cycle and climate system that once crossed permanently transition the steady state conditions of the
Earth System.
Aberrations
The Paleocene-Eocene Thermal Maximum (PETM, �56 Ma) is unique in the Cenozoic for the magnitude and rate of change in the
carbon cycle and climate; alongside anthropogenic CO2 release, it stands out as an aberration of the carbon cycle and climate
system. Climate aberrations are abrupt disruptions to the carbon cycle that do not drive a change in steady state; instead, the system
recovers over the silicate weathering timescale (Eq. 56; Figs. 5 and 9). The establishment of Antarctic Ice across the EOT and the OMT
have been described as a climate aberrations (Zachos et al., 2001), but the lack of recovery in benthic d18O suggests that these are
better understood as transitions to a new climatic state, potentially influenced by climate factors, like ice sheets, that act in addition
to changes in open-system carbon fluxes (e.g. the shift from Warmhouse to Coolhouse across the EOT, Westerhold et al., 2020).

During the PETM, global temperature rose by�6 �C (Tierney et al., 2022) as a consequence of massive emissions of 13C-depleted
carbon to the atmosphere and oceans that generated a global negative d13C excursion in carbonates and organic matter (McInerney
and Wing, 2011). While two detailed planktic foraminiferal d11B records exist across the PETM, uncertainty in the ocean carbonate
system translates into uncertainty in reconstructed CO2 across the event, with estimates for pre-PETM to PETM CO2 concentrations
ranging by a few hundred ppm (Tierney et al., 2022; Inglis et al., 2020). During the PETM, atmospheric CO2 may have doubled
(Tierney et al., 2022; Inglis et al., 2020; Gutjahr et al., 2017; Schubert and Hope Jahren, 2013); larger than the 1.5-fold CO2 rise
during late Pleistocene ice age terminations. While significant debate exists regarding the onset duration of the PETM (Turner,
2018), rates of carbon emissions within the Cenozoic Era have only exceeded the PETM as a result of ongoing anthropogenic
fossil fuel burning (Zeebe et al., 2016).

Early estimates of the amount of carbon required to explain the global PETM negative d13C excursion quickly discounted the
possibility that the PETM was caused primarily by the redistribution of carbon within the surface carbon reservoirs (e.g. Dickens
et al., 1995), and more recent estimates have tended to increase the estimated mass of emitted carbon (Cui et al., 2011; Gutjahr
et al., 2017; Haynes and Hönisch, 2020). However, the rate of carbon emissions is important in relating the change in atmospheric
CO2 to the total mass of carbon emitted. Due to the counteracting influence of a strengthened weathering feedback (von
Strandmann et al., 2021) a slower rate of carbon addition means that more total carbon must be added to generate an equivalent
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rise in atmospheric CO2 (Vervoort et al., 2019). Various approaches have been used to constrain the rate of carbon addition across
the PETM (Turner, 2018), and consensus is emerging for a duration of carbon release between 103 and 104 years.

In other words, PETM carbon release occurred within the closed system timescale but the ultimate recovery was due to open
system processes. Our illustrative carbon release experiments in cGENIE for anthropogenic carbon release are thus conceptually very
similar to possible PETM scenarios even though the late Paleocene carbon cycle differed in key ways from the modern, including
the ocean’s major ion composition (lower Mg2+ and higher Ca2+ concentrations) and lower alkalinity (Tyrrell and Zeebe, 2004;
Hain et al., 2015; Boudreau et al., 2019).

Variability
The recent geologic record provides a wealth of examples for coupling between the carbon cycle and climate on short (ca. 1000-years
or less) timescales. This variability in the carbon cycle and climate may or may not be quasi-periodic and may or may not involve
external forcing. Examples of the coupled carbon cycle connection to climate variability include the millennial-scale
Daansgard-Oeschger and Heinrich events studied within the last glacial and similar events occurring in the early Holocene
(e.g. Menviel et al., 2015; Zhang et al., 2017; Martens et al., 2020; Bauska et al., 2021; Jochum et al., 2022). Internal modes of
variability also interact with the carbon cycle; for instance, warm-anomaly ENSO years are associated with weakening land carbon
sinks (Betts et al., 2020). Because this variability involves changes that occur over a millennial or shorter timescale, these events do
not cause an open system carbon cycle response. However, we are only beginning to scratch the surface in understanding how these
dynamics occur within different time periods and under different background climate conditions.
Summary statement

The long-term stability of the global carbon cycle is the result of dynamic balances that arise through negative feedbacks that all act
together to determine how carbon is partitioned in space and between different chemical forms on Earth, including the atmospheric
greenhouse gasses CO2 and methane. The global carbon cycle hence influences Earth’s climate. Moreover, most of the feedbacks
within the carbon cycle are themselves influenced by or even require climate change for their operation. This complex coupling
between carbon biogeochemistry and physical climate is an emergent property of Earth that cannot be predicted by examining any
of its parts or processes in isolation, but rather arises from all its interactions. As such, climate-carbon cycle feedbacks can be
measured only indirectly and numerical models struggle to capture their complexity in simulating past, present or future Earth. The
best chance we have to quantify, represent and understand these feedbacks is through reconstructing their operation at different
timescales through geologic time. The picture that emerges suggests we should be wary of carbon cycle feedbacks when attempting
solutions to anthropogenic climate change that do not address stewardship of the comprehensive carbon cycle.

Much of what we know with some confidence about coupled changes in the climate and carbon cycle comes from studying
the record of continuous deep sea sediments and the chemical, isotopic and biological proxy evidence of both climate and carbon
cycle changes that they hold. Proxies and proxy-systems have advanced in parallel to the Deep Sea Drilling Project (DSDP,
1966–1983), Ocean Drilling Program (ODP, 1983–2003), Integrated Ocean Drilling Program (IODP, 2003–2013), and Interna-
tional Ocean Discovery Program (2014–2024), offering robust and highly successful platforms for the retrieval of sample material
form deeply buried sediment sequences on the deep ocean seafloor. Recent development of new climate and carbon cycle proxies,
particularly for seawater carbonate chemistry, is promising more detailed information on past carbon cycle dynamics. Increasingly
rigorous combination of proxy data with climate models highlights the crucial need for improvements in spatial coverage through
time. Developing effective strategies to make best use of the available legacy material and planning for future platforms to acquire
new sample material are key priorities of the paleoclimate and paleoceanographic research community.

New insights are likely to come from systematic data aggradation and data-driven modeling. Particular areas deserving of
synthesis studies include (1) constraints on Earth System Sensitivity from geologic intervals with varying climate states; (2) recon-
struction of CaCO3 burial, changes in saturation state, and changes in weathering through time; (3) reconstruction of organic
carbon burial and constraints on the recycling of organic carbon after it has been buried; and (4) reconstruction of the production of
organic carbon and carbonate and the connection to evolution and changes in community composition through time. In general,
improved spatial and temporal coverage are a priority–for example, proxy records of CO2 that can resolve climate rhythms
throughout the Cenozoic.

Both data synthesis and integration of proxy data with models should allow the scientific community to increase the rigor of
defining past carbon cycle and climate trends, optima, transitions, rhythms, aberrations, and variability. More precise definitions
can aid the integration of data-driven andmodeling approaches to study past interactions between the carbon cycle and climate. For
example, if climatic optima are defined by warming that persists timescales longer than the silicate weathering feedback, this should
distinguish modeling studies of optima versus aberrations in the climate system; the former involves steady state open system fluxes
while the latter involves a system transiently pushed out of steady state. Improvements in numerical modeling will increasingly
allow the representation of a more comprehensive carbon cycle in models of increasing complexity. A key challenge will remain
how to address processes that generally operate over slow, open system timescales, but have the potential to be perturbed more
rapidly as a consequence of human activities, either accidentally or due to deliberate attempts to affect Earth’s geological carbon
cycle through technologies like enhanced weathering or geological carbon sequestration by enhanced mineral hydration and
carbonation reactions.
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